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 Ozone is an important oxidizer in the atmosphere and plays a crucial role as a 
cleanser, removing various compounds such NOx and SOx. It also is intriguing to those 
that study stable isotopes as it has a unique signature found in no other oxygen containing 
molecule. Ozone is observed to fractionate mass independently, which means it does not 
follow the typical δ17O /δ18O = 0.52 ratio expected for molecules enriched with 17O and 
18O. The magnitude of ozone’s mass independent enrichment has been studied in 
laboratory experiments and atmospheric observations but its explanation is still 
incomplete. Symmetry of the isotopically substituted ozone is postulated to be the source 
of mass independent enrichment and this thesis will build on that explanation to examine 
the magnitude of isotopic enrichment as a function of temperature. 
 Understanding of the kinetics of ozone formation has come a long way from early 
predictions of enrichments >200‰. However, while our ability to accurately model 
ozone’s bulk isotopic enrichment has improved to include separate rates for the formation 
of asymmetric and symmetric ozone, rate experiments are sparse for 
17
O and of low 
precision. To improve our understanding of ozone’s enrichment, this study presents a 





asymmetric mass independent fractionation. This also served to examine ozone’s 
enrichment in the troposphere by using an open flow experimental setup which is in 
contrast to previous works examining ozone enrichment in a closed system. Our 
experimental observations show that under tropospheric conditions, ozone should have 
δ17O ≈ 75‰, δ18O ≈ 80‰, and Δ17O ≈ 33. The models were able to match experimental 
values, often within 1‰, and with minimal assumptions, predict asymmetric ozone to 
have Δ17O=47.5‰. This value is important as ozone transfers its terminal atom to species 
it oxidizes and will be the starting point to using ozone as a tracer in atmospheric 
reactions. 
 Modeling improves our understanding of ozone’s enrichments but these 
predictions must be validated by atmospheric observations. Previous tropospheric ozone 
sampling studies produced data of low precision but still showed relatively good 
agreement with our laboratory observations. In order to obtain better isotopic data a 
proxy method for sampling ozone’s terminal atom is needed. Reaction with nitrite in 
solution is promising as the reaction is rapid and efficient. However we were unable to 
obtain tropospheric ozone observations as nitrite processing methods could not be 
perfected to remove nitrate blank concentrations. We do present the merits of using nitrite 
to react with atmospheric ozone and the suggest purification steps that may allow this 





CHAPTER 1. INTRODUCTION 
This thesis is an examination of isotope effects arising during ozone formation. 
While ozone’s function in the atmosphere is of great importance, understanding its 
isotopic variations through its own cyclical formation and destruction is limited despite 
being exceptionally useful to allow for tracing of the subsequent reactions it is involved 
with.  
Ozone (O3) is an essential component of the atmosphere that is both beneficial and 
harmful. The “ozone layer”, a region of high O3 concentrations, is in the stratosphere 
where the O3 maximum is at altitudes of ~30km. The concentration and thickness of the 
layer is largely dependent on latitude because of differences in incoming solar radiation 
and atmospheric transport (Seinfeld et al., 1998). The ozone layer is formed by 
absorption of ultra violet (UV) light (R1.4, R1.8) and thus incoming solar UV radiation 
(primarily UV-B) is filtered by the ozone layer. This filtering is important because UV-B 
is harmful to life because the energy is capable of damaging DNA (Suzanne Clancy, 
2008). In the troposphere, O3 acts as an atmospheric cleanser through radical chemistry, 
ultimately removing other atmospheric species such as nitrogen oxides (NOx), SO2, and 
volatile organic compounds (VOCs). However, excess tropospheric O3 can be detrimental. 
When its concentration exceeds ~75ppbv, it is considered a hazard to public health and a 





 concentrations can cause severe respiratory illnesses by damaging lung tissues 
through oxidation (EPA, 2013). Elevated O3 concentrations also lead to particulate 
formation, which can also cause respiratory problems since fine particles are not 
effectively filtered by the body’s respiratory system (Brown et al., 1950). O3 also 
damages plants through oxidation and results in lower crop yields(Zhaozhong Feng et al., 
2009). Additionally, O3 absorbs infrared (IR) radiation and thus impacts global climate as 
an effective greenhouse gas. These factors make O3 a very important molecule in the 
atmosphere, making it important to understand the details of its formation.  
The concentration of O3 in the atmosphere is often measured as the total amount present 
in the entire atmospheric column. This is achieved using satellite measurements or 
balloon instruments. Total O3 thickness is measured in Dobson units (DU), which is 
equal to the thickness of a layer of pure O3, in hundredths of a mm, if it is condensed over 
a unit area at 273.15K and 101.3kPa (STP). The amount of total O3 directly relates to the 
amount of UV light that is filtered before reaching the surface. The Beer-Lambert law 
(Eq 1.1) is used to determine surface UV intensity (I) of a single wavelength relative to 
the incoming radiation (Io) and depends on the O3 depth (d), O3’s absorption cross section 
at that wavelength (σ), and the O3 number density (N). 
Eq 1.1:      
    
The Dobson unit provides the O3 number densities at different altitudes to the number 
density of an ideal gas at STP and path length (d); DU = Nd. As a wide range of 
wavelengths are absorbed, total UV attenuation is calculated by integrating Eq 1.1 over 










et al., 2006). In equatorial regions O3 optical depth is measured to be ~260 DU which 
corresponds to 0.09% of UV-B and 99.3% of UV-A light reaching the surface. At the mid 
latitudes, (400 DU) 0.002% and 98.9% of the UV-B and UV-A region reaches the surface 
(Dutsch, 1973). However, the Dobson unit does not provide any details about the vertical 
distribution of O3, so balloon based measurements of O3 mixing ratios (in parts per 
million by volume (ppmv)) are used to find where O3 is most abundant in the atmospheric 
column (Krankowsky et al., 2000;Mauersberger et al., 1993;Schueler et al., 1990). 
 
1.1 Ozone in the Troposphere 
O3 in the troposphere is catalytically produced by nitrogen oxides (NOx). Free O 
atoms are the limiting reactant in O3 formation. Since UV flux (<240nm) is almost 
entirely filtered out in the stratosphere, tropospheric oxygen atoms are not formed by 
photolysis of O2(Seinfeld et al., 1998). Instead, O comes from photolysis of precursor 
molecules, primarily NO2 (R1.1). NO2 is photolyzed by wavelengths shorter than 400nm 
resulting in an NO molecule and a free oxygen atom. The O can react with other 
molecules but mainly produces O3 via R1.11. NO2 is primarily a product of 
anthropogenic emissions and areas with high NO2 pollution also tend to have elevated O3 
levels (Sanford Sillman et al., 1990). O3 then reacts with NO to produce NO2 and the 
process continues (R1.2) and is known as the NOx cycle (R1.1-R1.2).  
R1.1: NO2 + hν → NO + O 
R1.11: O + O2 + M → O3 + M  





R1.3: NO + HO2 (ROO) → NO2 + RO 
O3’s mixing ratio is also a function of VOC mixing ratios. HO2 or organoperoxy radicals 
(ROO) oxidize NO into NO2 without consuming O3 (R1.3). Therefore, while the NOx 
cycle forms and destroys O3, the presence of HOx and VOCs will amplify O3 production 
using NOx as a catalyst (Fig 1.2). The ratio of NOx to VOC is important in determining 
O3 equilibrium concentrations (Fig 1.2) as high tropospheric O3 requires VOCs to be 
present(Sillman, 1999).  
O3 is critical in many tropospheric oxidation reactions becauses it produces OH 
radicals. OH’s high reactivity drives tropospheric radical chemistry and it removes 
compounds like VOC’s and NOx (R1.10). An OH radical is formed when an O(
1
D) reacts 
with water (R1.9) and O3 photolysis is the primary source of O(
1
D). O3 photolyzes 
(<310nm) in the troposphere and produces an excited O(
1
D) atom (Y.Matsumi et al., 
2002). While O3 can photolyze at less energetic wavelengths, at wavelengths longer than 
310nm the O(
1
D) quantum yield is diminished rapidly to below 0.01(Y.Matsumi et al., 





D) + H2O → 2OH 
R1.10: NO2 + OH → HNO3 
The cyclical production and destruction of O3 with NOx only terminates with the 






Figure 1.1: NOx cycle and peroxy radical O3 formation(Seinfeld and Pandis, 1998).  
 
 





1.2 Stratospheric Ozone 
In the stratosphere, O3 is produced and destroyed in a cyclical reaction mechanism 
called the Chapman Cycle. O2 is first photolyzed to two O atoms (R1.4) at wavelengths 
shorter than 240nm. The O atoms then react with an O2 molecule to produce an excited 
state O3
* 
molecule (R1.5). The excited O3
*
 can then either be stabilized by collision with 
a third body (M) to form a stable O3 molecule (R1.7) or dissociate back to O and O2 
(R1.6). O3
*
 has a short lifetime (picoseconds) and differences in the lifetime of 
isotopically substituted O3
*
 has been suggested as the source of O3’s unique isotopic 
signature (Chapter 2)(Mauersberger K. et al., 2005). Once quenched, ground state O3 has 
a substantially longer lifetime (months) which allows for it to be transported and react 
with many other atmospheric species. 
R1.4: O2 + hν → O + O   




 → O + O2  
R1.7: O3
*
 + M → O3 + M 
R1.8: O3 + hν → O(
1






Figure 1.3: O3 absorption spectrum (J.Orphal, 2002) 
 
O2 and O3 photolysis is responsible for UV filtering in the upper atmosphere. O2 
photolyzes in the UV-C region (280-100nm) while O3 absorbs in the Hartley band (315-
280nm)(Fig 1.3) with peak absorption occurring near 256nm. O3 photodissociation will 
also occur less efficiently at wavelengths up to ~330nm(J.P.Burrows et al., 1999). Shorter 
wavelengths (<300nm) photolyze O3 yielding O(
1
D) which drives radical chemistry 
through OH production. Absorption at longer wavelengths in the Chappuis and Wolf 
band also serve to filter some light in the visible region but do not have a significant 
effect on O3 chemistry. Reactions 1.4 and 1.8 are almost entirely responsible for UV 
removal and if the ozone layer were to be diminished due to anthropogenic emissions, 







Figure 1.4: O3 concentration with altitude (Seinfeld and Pandis, 1998). 
 
The vertical distribution of O3 (Fig 1.4) shows a pronounced increase at ~ 25km 
and Eq 1.2 can be used to understand why this occurs. Mixing ratios in the stratosphere 
peak around 10 ppmv at altitudes near 30km and total number density peaks near 25km. 
The rate equation for O3 production (Eq 1.2) is a third order reaction, where k1 is a rate 
constant in 
   
             
 and the concentrations of the reactants O, O2, and M (any third 
body) are given in 
         
   
. This shows that O3 formation rates are a function of pressure. 
The UV flux determines the photolysis rate constant (j1) which produce O atoms (Eq 1.3).  
R1.11: O + O2 + M → O3 + M  k1  
Eq 1.2: 
     
  
              
Eq 1.3:   
    
  
        
Pressure describes the amount the amount of molecules in a given volume at a given 














) production has a greater effect on 
increasing O3 production rates as it will quickly react with available O2. The rate of a 3-
body reaction (R1.11) does not increase with increasing temperature like two body 
reactions. It is actually a net reaction of two separate reactions (R1.5 and R1.7) which are 
differently effected by temperature. Temperature dictates the internal energy of the 
excited state O3
*
and a greater internal energy causes O3 production to decrease due to 
faster O3
*
 decomposition. Conversely, as temperature increases, the average velocity of 
molecules increases, allowing for a greater number of collisions to occur and therefore 
allows molecules to react more frequently(Mauersberger K. et al., 2005). The 
temperature and pressure difference between 20km and 30km result in a 24% and 68% 
decrease in O3 formation rate respectively when those conditions are calculated 
separately. This means while temperature has a significant effect, pressure is the 
dominant rate determining condition. As a result, O3 is predominantly formed in the 
stratosphere where O and UV light are prevalent (Fig 1.5), yielding higher mixing ratios 
(~10ppmv) than in the troposphere (~10ppbv). From the number densities of O(
3
P) 
observed (Fig 1.5), the rate of O3 formation (Eq 1.2, k1=6 x10
-34

















Figure 1.5: O and O3 number densities in the stratosphere (Wayne, 1996). 
 
1.3 Oxygen Isotopic Variations 
O3 has intriguing isotopic compositions and distributions. Atoms that contain 
different number of neutrons but the same number of protons are called isotopes of the 
same element. For example, oxygen atoms are defined as a nucleus that contained 8 
protons which each contribute a mass of 1amu. The remaining mass is primarily the 
number neutrons (1amu each) and a minute fraction of mass comes from the electrons 
(~5x10
-4
amu). Isotopes can have unstable or stable nuclei. Unstable isotopes decompose 
or radioactively decay and the time at which half of the initial nuclei have decayed is 
called its half-life. Stable isotopes do not decay and thus are useful tracers because they 
have an infinite lifetime and are integrated into many different molecules. Their different 






assessed by mass spectrometry(Edmond de Hoffman et al., 2007). Differences in isotope 
abundances can be used to understand the reaction mechanisms by which a molecule, 
such as O3, is formed. 
 Isotope abundances are typically measured as ratios and expressed in delta 
notation (δ). Minor isotopes, 17O and 18O for oxygen, are compared to the major isotope 
(
16
O) and are reported as a ratio (Eq 1.4). Changes in oxygen isotopic abundance are 
calculated by comparison of isotope ratios of a sample and standard of known isotopic 
composition and multiplied by 1000 to present the value in permil (‰) (Eq 1.5)(Criss, 
1999). 
Eq 1.4:     
   
   
 
Eq 1.5:       (
       
         
  )       
The reference standard used for oxygen isotope abundances is Vienna Standard Mean 













(NIST, 2005). When compared to VSMOW, most 
oxygen containing molecules, like O2 (δ
17O≈11‰, δ18O ≈23‰), water vapor (δ17O≈-1 to 
-15‰, δ18O ≈-2 to -30‰), and silicates (δ17O≈-5 to 13‰, δ18O ≈-10 to 26‰) have δ17O 
and δ18O below 50‰ (Gabriel Bowen, 2013;Ryoji Tanaka et al., 2013). In contrast, O3’s 
isotopic composition often exceeds 100‰(Mauersberger et al., 2001).  
 Isotopic enrichments or depletions are caused by the difference in physical 
properties related to the unequal mass of the isotopically substituted molecules(Criss, 
1999). This is called isotopic fractionation and the magnitude of fractionation is 






values (Eq 1.6) arising during a single process. This can be the ratio of reactant and 
product R values in a chemical reaction or a phase change (e.g. water→gas). Isotope 
enrichments or depletions are also quantified by ε can also be expressed in permil and are 
related to α by Eq 1.7(Criss, 1999). α and ε are used to describe both a change from 
starting material to final product as well as change in equilibrium processes. 
Fractionation that occurs in an equilibrium process often results from a phase change 
(R1.12-1.14), where α and α-1 describe the forward and reverse reaction, respectively. 
Isotope fractionation in reactions where the forward reaction is unidirectional are called 
kinetic isotope effects (KIE). 




Eq 1.7:             
 
Figure 1.6: Ozone's isotopic forms 
 
α also describes the ratio of production/destruction rates of isotopologues and 
isotopomers. An isotopologue (isotope homologue) is any molecule that is elementally 






have different masses. An isotopomer (isotope isomer) is any molecule that is 
elementally and isotopically identical but the position of at least one atom is different, 
meaning isotopomers have the same mass. Figure 1.6 shows all major forms of O3 of 






O3) and two isotopomers (asymmetric and 




O3. While double and triple substituted isotopologues of 
O3 exist, their concentrations are so minute that they are essentially irrelevant in most 
natural systems. 
Isotopologues and isotopomers react with other molecules at different rates and also 
form/decompose at different rates which are examples of kinetic isotope effects 
(KIE)(Mauersberger et al., 1999). O3
*
 (R1.5) formation is described by the rate law (Eq 
1.8) and has a rate constant (k48); similar rate laws can be written for the other O3 
isotopologues and isotopomers (Eq 1.9-1.12). The magnitude of the isotopic fractionation 
is directly related to the differences in the rate constants. This ratio is usually α≈1 but the 
deviation from 1 in the thousandths is measurable and can describe the reaction, 
exchange, or decomposition that a molecule has undergone(Michalski et al., 2004). 
Eq 1.8: 
    
  
  
    [  
  ]   
    
Eq 1.9: 
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Eq 1.10: 
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Eq 1.11: 
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Eq 1.12: 
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Equilibrium isotopic fractionation occurs during phase changes or chemical 
equilibrium and the magnitude of fractionation is directly related to the difference in 
mass of the isotopologues(Criss, 1999). For example, when equilibrium between O2 gas 
and liquid is reached, the liquid O2 reservoir becomes enriched while the O2 gas is 




O molecule will preferentially (K32 








O molecules (R1.12-R1.14). The 
phase change equilibrium means that k32 (Eq 1.14) describes the rate from liquid to gas 
and the inverse reaction will just be      
- 
. Typically, as the mass difference between two 
isotopes gets larger the observed fractionation becomes larger. So, while the mass 
difference is relatively small in oxygen (1/16
th
 of total mass), lighter species like 




H) that is much greater and 
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Eq 1.15:      
     
     
 
Eq 1.16: 
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 In elements with two heavy isotopes such as oxygen, the substituted species tends 











This is known as mass dependent fractionation and a similar ratio (λ) is observed in 
almost all natural samples. The value arises as isotope fractionations are mainly a 
function of vibrational energy. Molecular vibrations can be approximated using the 
simple harmonic oscillator (SHO) where two atoms can are considered to be attached by 
a spring (bond) and their vibrational energies are related to the reduced mass of the 
diatomic molecule (Eq 1.17). Fractionation is largely determined by the difference in the 
molecule’s zero point energy (lowest vibrational energy level) which is also determined 






O), the reduced 
mass difference will change depending on what atom the O is bound to. So for O2, 
λ=0.515, but if oxygen is bound to 1H, 56Fe, and 238U, λ=0.5267, 0.5048, and 0.5021, 
respectively (Eq 1.18). There are a variety of published values for the mass dependent 
ratio (0.51-0.53)(M.F.Miller et al., 1999;Matsuhisa et al., 1978), known as the terrestrial 
fractionation line (TFL), which has been shown to be process dependent. As a result, 
creation of a single value to apply to all natural samples is unlikely to be agreed 
upon(Miller, 2002). 
Eq 1.17:   
    
     
 
Eq 1.18:   
(    ⁄ )  
(
  









Figure 1.7: Terrestrial Fractionation Line(TFL) and other characterized atmospheric 
species(Krystin Riha, 2013) 
 
1.4 Mass Independent Fractionation and Enrichment of Ozone 
 Not all oxygen isotopic measurements fall on the TFL, in particular O3 and 




) do not follow the 0.52 ratio (fig 1.7). O3 
formation fractionates mass independently, i.e. the δ17O/δ18O slope is 1. Δ17O is the 
calculated difference in isotopic enrichment between the observed δ17O/δ18O ratio and the 
TFL(Thiemens, 2006). While O3 creates its own Δ
17
O signature, the molecules it reacts 
with simply have that signal transferred to them. For example, when nitrite (Δ17O=0) 
reacts with O3 (Chapter 2), it forms nitrate that has a Δ
17O value 1/3 Δ17O of the 
abstracted oxygen atom since only 1 in 3 O atoms came from reaction with O3(William 
C.Vicars et al., 2012). 
 Eq 1.19:                    
 Eq 1.20:            (  
    
    
)         (  
    







Equation 1.19 is the linear approximation of Δ17O with λ (0.52) equal to the 
expected mass dependent fractionation ratio. Isotopic enrichment is a natural logarithmic 
function so over a narrow range of enrichment, the approximation will provide a 
reasonably accurate value, but when making comparisons between studies and over a 
large range of enrichments the robustness of the equation is insufficient(Miller, 2002). λ 
is process dependent and therefore cannot be considered to be a single value rather it can 
range from 0.51 – 0.53. This will be discussed in greater detail in Chapter 2 along with a 
description of why Eq 1.20 should be used for calculating Δ17O. Most systems will not 
have a single mass dependent reaction but when the rate of reactions are considered, there 
may be a kinetically dominant reaction in which case the λ of that reaction alone can be 
used as λ for the approximation of Δ17O(Kaye et al., 1983;Morton et al., 1990).  
O3 was the first terrestrial compound to have a measured non-zero Δ
17
O and is 
considered to be the primary source of all Δ17O signatures in other atmospheric 
compounds(Heidenreich, III et al., 1983). O3 will sometimes reach an isotopic 
equilibrium with some atmospheric molecules. Therefore, the amount of Δ17O signal 
transferred to the product molecule will be dependent on the rate at which that isotopic 
equilibrium is reached. The magnitude of δ17O, δ18O, and Δ17O enrichment in O3 depends 
on its formation temperature and pressure as those conditions determine the rate of 
quenching of O3
*
(Janssen et al., 2002;Morton et al., 1990). The energetically excited O3
*
 
molecule must be quenched to become stable and it has been suggested that this step is 
the origin of the mass independent signature(Heidenrich et al., 1986).  
Current theory postulates that the symmetry of O3
*
 influences its lifetime. When 
O3 is formed with all 
16
O atoms resulting in 
48










O is added, symmetric (R1.16, R1.19) and asymmetric (R1.17, 














































16O → 16O16O18O 
The asymmetric form of O3 has a greater density of energy states which allows for the 
excited state molecule to exist longer before decomposition (R1.7)(Gao et al., 2001). This 
longer lifetime in asymmetric O3
*




O in the 
terminal position of the O3 molecule and will exhibit mass independent enrichment(Gao 
et al., 2002;Heidenrich et al., 1986). As long as the mass of both terminal atoms is not 
equal, the mass of the terminal atom is inconsequential.  
 It is assumed that if each pathway of the Chapman cycle could be separated that 
all would have 
   
   
      with the exception of R1.7 which fractionates mass 
independently(Gao et al., 2001). If this reaction could be isolated, one would expect that 
the longer lifetime of the asymmetric species, and therefore the higher rate of quenching, 
to form stable O3 would result in 
   
   
  . Equations 1.21, 1.22, and 1.23 demonstrate the 
isotope specific rate equations and for R1.15, 1.17 and 1.20 respectively.  
 Eq 1.21: 
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The isotope specific rate equations are the same as any other rate equation that does not 
take mass of each element into account but where they differ is that the same reaction is 
broken down into individual pathways despite each reaction resulting in O3. Equation 





δ18Oa), the ratio of rate constants to compare alphas can be used, but in this case, 
enrichment is shown to be mass independent. 
 
1.5 Application of Predicted and Measured Ozone Isotopic Enrichment 
 Application of laboratory relationships between temperature, pressure and 
isotopic enrichment in O3 formation could be used to help better understand reaction rates 
and mechanisms (Janssen et al., 2002;Mauersberger et al., 1999). O3’s isotopic 
composition in the stratosphere was first directly measured in the early 1980’s but the 
data was later shown to be unreliable (δ18O=400‰)(Mauersberger, 1981). Later balloon 
measurements, which used improved sampling methods and instrumentation, resulted in 
values much closer to the laboratory predicted values (Krankowsky et al., 
2000;Mauersberger, 1981;Mauersberger et al., 1993). While the error was still relatively 










then absolutely necessary as isotopic enrichments of that magnitude are almost never 
seen in any other oxygen containing natural sample. 
 Measured O3 isotopes in the troposphere also showed an exceedingly large 
enrichment (δ17O=56.5-86.6‰, δ18O=69.9-96.1‰, Appendix Table 2) which then raises 
the question: How do temperature and pressure conditions truly affect total O3 
enrichment?(Johnston et al., 1997;William C.Vicars et al., 2012) The conditions of the 
stratosphere and troposphere are drastically different as the stratosphere typically has 
temperatures below 240K and pressures nearly 2 orders of magnitude below surface 
pressure (~10 torr)(C.David et al., 2012). Because enrichment decreases with decreasing 
temperature and increasing pressure, the expected effect with increasing altitude would at 
least be partially offset(Morton et al., 1990). However, O3 signal is not constant in any 
one location or time as pressure and temperature are constantly changing which will 
change O3’s isotopic enrichment.  
This thesis will focus on the temperature and pressure dependent enrichment of 
O3 which could lead to better understanding of isotopic variation in atmospheric 
molecules. Both δ17O and δ18O in O3 vary with temperature and pressure of formation 
and while most oxygen isotope studies focus on δ18O and simply infer δ17O from an 
expected mass dependent relationship which can be misleading as variation of δ17O/δ18O 
ratios can provide valuable insight into what reactions or exchange processes a molecule 
has undergone. Specifically, in the troposphere, O3 will undergo many more oxidation 
reactions with varied atmospheric species (NOx, HOx, SOx) and transfer its mass 
independent isotopic signature to those species through oxygen abstraction(Thiemens, 






if Δ17O of O3 is known, then the signal will only be fractionally diluted with future 
reactions.  
 Since O3 will almost exclusively undergo reactions by its terminal atom, the 
isotopic enrichment of the terminal atom must be understood independently(William 
C.Vicars et al., 2012). Also, as symmetry of the O3
*
 molecule is postulated to be the 
source the mass independent signal, an examination combining the previous work on 
temperature and pressure dependent O3 formation and the effects of symmetry should 
provide an explanation for temperature and pressure dependent terminal 
enrichment(C.Janssen, 2005;Heidenrich et al., 1986;Janssen et al., 2002). All of these 
factors must be examined in order to gain a better understanding of atmospheric 
chemistry and when considering examples of Δ17O>0, one must first be able to predict 







CHAPTER 2.  TEMPERATURE DEPENDENT ENRICHMENT OF OZONE 
2.1 Introduction 
 Ozone’s isotopic enrichment has been examined over a wide range of 
temperatures and pressures but conditions of the troposphere are particularly important as 
O3 is a major oxidant in many lower atmosphere reactions. Higher concentrations of 
stratospheric O3 and the importance of the ozone layer were the basis for studying O3’s 
extreme isotopic enrichment (Krankowsky et al., 2000;Mauersberger et al., 
1993;Schueler et al., 1990). However, temperature dependent isotopic enrichment 
experiments had poor precision and were limited to pressure conditions typical of the 
stratosphere. However, O3 is also important in the troposphere as an oxidizer in many 
reactions. As a result, O3’s unique isotopic signature is transferred to a variety of 




, and can be used as a tracer for NOx and 
SO2 oxidation mechanisms (Costa et al., 2011;Kunasek et al., 2010;Savarino et al., 
2013;Sofen et al., 2011). Since the transferred isotopic signature will mirror that of O3, 
the effect of tropospheric temperature and pressure conditions on O3 isotopic enrichment 
needs to be examined in the laboratory. 
 Previous laboratory studies of the isotopic composition of O3 produced O3 at low 










(Janssen et al., 2001;Mauersberger et al., 1999;Morton et al., 1990;Thiemens et al., 
1988;Wolf et al., 2000). These conditions do not replicate the lower atmosphere where 
pressure is 760 torr, the system is open, and the starting gas reservoir has minor 
enrichment (δ17O≈12‰, δ18O≈23‰) and considered infinite (Criss, 1999). An O3 
production apparatus (Section 2.2) that uses photolysis as the driving force for the 
Chapman Cycle and a non-static and approximately infinite reservoir should limit the 
potential isotope effects from oxygen recycling and vessel wall interactions. 
 O3’s formation in the troposphere is not as simplistic as the Chapman reactions 
(Section 1.3) examined in this study. Many more O3 chemical destruction reactions occur 
in the troposphere. However, they should only affect O3’s steady state concentration and 
have a small impact on its isotopic signature because O3’s isotopic enrichment is assumed 
to mainly occur during the recombination reaction (Janssen et al., 2002;Mauersberger et 
al., 1999). Also, O atoms in the troposphere are primarily derived from NOx photolysis. 
This will alter the starting isotopic composition of oxygen atoms used in O3 formation but 
relative to the isotopic composition of the starting gas, the net change in isotopic 
enrichment should remain the same because of O + O2 exchange reactions. This chapter 
details an experiment that assesses the isotopic enrichment of O3 as a function of 






2.2 Experimental Setup 
 
Figure 2.1: O3 formation and collection apparatus 
 
O3 was generated and collected using the apparatus shown in Figure 2.1. The goal 
was to produce O3 over a range of tropospheric temperatures (273K-320K) at pressures 
near 760 torr and then determine its isotopic composition. A steady state concentration of 
O3 was produced from a flow of temperature controlled O2 gas. The O2 source was a tank 
of compressed research grade oxygen (99.99+% pure) from Airgas. The O2 flowed from 
the tank through the inlet (Fig 2.1) using positive pressure (765 torr) at a rate of ~1.5 
L/min that was regulated using an Omega flow meter. The O2 gas first passed through a 
long copper coil submerged in a constant temperature bath, before passing through a UV 
photolysis chamber (Fig 2.1) that was also temperature controlled by pumping the bath 
water through its water jacket. The temperature conditioning is necessary to ensure that 
the O2 was not significantly heated during the photolysis reactions. The temperature 






 The light source was a Pen Ray Hg vapor lamp. The emission spectrum of the UV 
source (Fig 2.2) shows that the primary output is at 254nm with minimal output at longer 
wavelengths and a small emission line at 185 nm. 254nm is known to be very near O3 
peak absorption, while 185 nm light dissociates O2. This spectral asymmetry leads to a 
high rate of O3 photolysis relative to O2 photolysis. Exposure to the UV light source was 
~2s based on the flow rate of 1.5 L/min and a chamber volume of 50 mL. The gas exiting 
the chamber was monitored for O3 concentrations using a 2B Technologies O3 monitor. 
Tests showed that the UV light source required a 2 minute warm up period to reach peak 
output and produced consistent O3 concentrations. After this warm up period a steady O3 
concentration of 48 +/- 0.3ppmv was produced. 
 
Figure 2.2: Pen-Ray mercury lamp emission spectra (UVP, 2014). 
 
Cryogenic collection of O3 required a series of condensing and excess O2 removal 
steps. The O3 collection line was evacuated and the collection trap was submerged in 






collection line reached 100 torr. This pressure allowed for rapid sample collection 
without condensing unwanted O2. For experiments conducted at temperatures between 
310K and 320K, a 230K ethanol bath was placed on the first trap. High temperature trials 
without the ethanol bath had smaller sample sizes suggesting O3 was bypassing the trap. 
O3 was collected for 30 minutes per trial.  
It is unlikely that the O3 trapping step induced substantial alteration of the 
18
O or 
17O values. Assuming equilibrium between the gas and liquid O3 phases, the ~ 100 torr 
total pressure and 48 ppmv O3 mixing ratio results in an O3 partial pressure of 4.8 mtorr in 
the collection trap. AT 77K the equilibrium partial pressure of O3 is 1.56 mtorr and 
indicates that 67.5% of O3 is in the liquid phase at all times(Hanson et al., 1986). Isotope 
mass balance considerations and small isotope equilibrium fractionation factor for a 
heavy O3 molecule suggests that the alteration of O3 
18
O values by cryogenic trapping 
should be minimal (Mauersberger et al., 1987). In addition, since gas-liquid equilibrium 
should follow mass dependent isotope rules, the 17O values are even less likely to have 
been altered by the collection process. After the O3 collection was complete the needle 
valve was closed and the O3 was transferred to a sample tube. The collection line and a 
collection tube, containing molesieve 5A, were evacuated to below 10 mtorr. The sample 
tube was submerged in liquid nitrogen and the O3 collection trap was thawed, transferring 
the O3 to the collection tube, evident by a visible purple ring characteristic of condensed 
O3. The transfer was considered complete when pressure reached <10mtorr. The tube was 
then isolated, warmed to room temperature, and the O3 decomposed to O2 on the 
molecular sieve surface. The resulting O2 was measured for the δ
17










The average 17O, 18O and 17O values of O3 for each temperature trial are given 





isotopes were nearly equally enriched with 18O values ranging from 72.4 to 87‰ and 
the 17O values from 70.9 to 81.6‰, This resulted in calculated 17O values (discussed in 
section 2.5.3) were between  31.7 and 34.6‰. The precision (1σ) for δ17O and δ18O both 
averaged ±1.9‰ and never exceeded 3.1‰ for any given temperature experiment. The 
precision of the calculated Δ17O values for all temperature points averaged +/-0.9‰ and 
never exceeded 1.2‰. The temperature series showed that there was a linear dependence 
between temperature and O3 isotopic enrichment (Eq 2.1-2.3) with the least squares 
regression R
2= 0.98, 0.99, and 0.96 for δ17O, δ18O and Δ17O, respectively. Within the 
47K experimental temperature range, precision of the linear approximations was ±0.48‰ 
for δ17O and ±0.56‰ for δ18O. 
T(K)(n) δ17 σ(δ17) δ18 σ(δ18) Δ17O σ(Δ17O) 
273(4) 70.9 2.9 72.4 3.1 31.7 1.2 
283(4) 72.6 2.1 74.6 2.2 32.3 0.9 
294(4) 76.8 2.4 80.0 2.3 33.5 1.1 
301(5) 77.3 1.6 80.8 1.6 33.6 0.9 
310(5) 80.2 1.3 84.6 1.4 34.4 0.6 
320(4) 81.6 1.3 87.0 0.9 34.6 0.8 







 Eq 2.1: δ17O = 0.2385T + 5.77 
 Eq 2.2: δ18O = 0.3216T – 15.58 
 Eq 2.3: Δ17O = 0.0649T + 14.07 
 
2.4 Discussion 
2.4.1 O +O2 Exchange 
The isotopic composition of O3 is intimately controlled by the O + O2 exchange 
reaction. The O3 isotopologue fractionation factors for the recombination reactions 
cannot be obtained from measured δxO values relative to the composition of the starting 
material. Instead, these measured values represent enrichment associated with all 
Chapman cycle reactions, including Q + O2  O + QO exchange, where Q is the 
18
O 
isotope (similar exchange occurs for 
17
O = P). This exchange is the alternative pathway 
occurring after formation of O3* (R2.4), with exchange occurring if O3* decomposes 
back into O2 + O rather than being stabilized to O3. The O + O2 (R2.1, R2.2, R2.13, 
R2.14) kinetic exchange rate is fast; 200 times that of the O3 recombination rate (R2.4) 
(Kaye et al., 1983). This reaction causes large isotopic depletion of free O atoms 
affecting the overall δ17O and δ18O of O3 (Kaye et al., 1983;Kaye, 1986;Morton et al., 
1990).  
 The isotopic depletion of the O atom was calculated using the partition coefficient 
calculation (Eq 2.4, R2.1)(Kaye et al., 1983). Here 50ex (
49
ex) is defined as the 
equilibrium fractionation factor for O3 (50, 49 amu) if only O+O2 exchange is considered, 






predicted to be isotopically depleted with the magnitude of the isotopic depletion 
calculated using Eq 2.6 and 2.7. 
 Eq 2.4: Keq = 1.94e
(32/T) 
 
Eq 2.5: Keq = 1.96e
(16.8/T)
 
 R2.1: O + OQ ↔ Q + OO 
 R2.2: O + OP ↔ P + OO 
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Morton performed the same O+O2 exchange calculation as Kaye and Strobel except using 
17
O, which yielded Eq 2.5(R2.2)(Morton et al., 1990). Our partition coefficient 
calculations used updated rotational frequencies but differed by no more than 1.8‰ when 
compared to those of Kaye (1983), Morton (1990), and Janssen (2005) (Criss, 1999;NIST, 
2012).  
 The O3 recombination isotopic enrichment was calculated by subtracting the O 
atom depletion, calculated from the exchange reaction, from the measured O3 enrichment 
(Fig 2.3). These results were compared to Morton’s (1990) enrichment (Fig 2.4). In order 
to compare with the results of Morton et al., accounting for the difference in experimental 
pressures was necessary. This was done by using a polynomial fit of Morton’s constant T 
and variable P experimental data to get at a quadratic equation that predicts the change in 
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 Eq 2.9:      -              
                        
 
Figure 2.3 Pressure corrected O3 enrichment (triangles) measured relative to the starting 
gas represents all reactions in the chapman mechanism including a depletion associated 
with O+O2 exchange (squares). 
 
 
Figure 2.4: Comparison between experimental enrichments of this study (triangles), 
Morton (1990) (squares) and Janssen (2002) (circles). All data has been pressure 
corrected and O+O2 depletion subtracted for direct comparison of enrichment associated 







The difference between this experiment and Morton et al. was <4.3‰ for δ17O 
and <8.6‰ for δ18O with the highest difference occuring at higher temperatures. This 
difference in δ17O and δ18O with temperature was because the xOvs. temperature slopes 
in this experiment were smaller than those in Morton et. al.. The slope difference is likely 
due to the difference in experimental precision between the two studies. It is unlikely that 
the slope difference is associated with the shorter photolysis exposure time or different 
light source used as all points of comparison are within 1σ of Morton’s measurements 
(Van Wyngarden et al., 2007). 
 
2.4.2 Temperature and Pressure Dependence 
 An unanswered question concerning isotope effects during O3 formation is 
whether the pressure and temperature effects are independent of each other. If they are 
independent, then plots of δ18O (and δ17O) versus temperature for experiments at two 
different pressures should yield the same slope. The observed change in δ18O values in O3 
formed between 273K and 320K at 765 torr presented here were compared to 
experiments that were conducted at 50 torr and 200 torr over a temperatures range of 100 
to 400K (Morton et al., 1990). Morton’s enrichments were nonlinear over this 
temperature range, but over temperatures of this experiment (273-320K), isotope 
enrichments were near linear (Janssen et al., 2002;Morton et al., 1990). The slopes of 









The δ18O versus temperature slope differed by 28% while the δ17O slope only 
differ by 1.7%. The Morton (1990) and Janssen (2003) experiment’s similar temperature 
dependence for δ18O is not surprising given the near identical experimental setups. The 
significant difference in their 18O vs. temperature slopes relative to this work may be 
due to their lower experimental precision. Their data, approximated from Morton et. al.’s 
Figure 2 has a precision of ±15‰, whereas the precisions were 1.9‰ in this work. Given 
this large difference in precision the difference in 18O versus temperature slopes of this 
study may not be significantly different and when corrected for pressure (Fig 2.4). 
Another possible explanation for the difference in slope is this experiment used a 
different light source and photolysis chamber, so photolytic isotope effects may be a 
factor. But this is unlikely because of the O + O2 exchange rate would erase any isotope 
effect cause by O2/O3 photolysis. Also, the previous data was from experiments 
conducted in a closed reaction vessel with long photolysis times (Morton et al., 1990). 
Therefore, a conclusion cannot be drawn yet about temperature and pressure 
codependence as our experimental conditions differ significantly from previous 
work.(Janssen et al., 2002;Morton et al., 1990). 
 
Table 2.2: Enrichment slope as a function of temperature 
 Raw Data O+O2 Exchange 
Subtracted 
 δ17O/T(K) +/- δ18O/T(K) +/- δ17O/T(K) δ18O/T(K) 
Morton 0.235 - 0.45 - 0.174 0.339 
Janssen - - 0.425 - - 0.314 






2.4.3 Mass Independence and Calculation of 17O and r50 
 The O3 produced in this expermint had a mass independent fractionion in 
agreement with other studies(Janssen et al., 2002;Mauersberger et al., 1999;Morton et al., 
1990). Mass dependent fractionation is defined by the relationship between δ17O and 
δ18O measured from natural samples and varies minutely depending on the process. A 
mass independent fractionation (MIF) is the deviation from mass dependent enrichement 
that occurs during a reaction. MIF is often expressed as Δ17O and is usually calculated 
using a simple approximation (Eq 2.10), with λ = 0.52 representing the averaged mass 
dependent ratio of δ17O/δ18O. Eq. 2.10 is an approximation of the exact logarithmic 
relationship (Eq 2.11), which is approximately linear over small ranges (Miller et al., 
2002). Enrichment of O3 is often considered to be mass independent, having observed 
δ17O/δ18O =1 and thus resulting in positive Δ17O values.  
 Eq 2.10:          -         
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The λ = 0.52 is an observational average and provides a reasonably accurate 17O 
value but when making comparisons between studies, reaction specific λ values should 
be used. λ is process dependent and can range from 0.49 to 0.54 and therefore cannot be 
considered to be a single value. For simple reactions, such as bimolecular gas phase 
reactions, the λ can be approximated from a partition function calculation. For example, 
the O2 exchange reaction a single average λ can be derived from the slope of the 
enrichments predicted from the partition function values calculated over a range of 






dependent oxygen fractionating reactions, such as the Chapman cycle, a reaction average 
λ could be applied. However, when the rates of each reaction in the cycle reconsidered, 
there may be one kinetically dominant reaction in which case the λ of that reaction alone 
can be used as λ for the approximation of Δ17O. In the case of the Chapman cycle, any 
fractionation effect arising from O2 dissociation would be erased because the free O atom 
quickly undergo O + O2 exchange resulting in isotopic equilibrium. Therefore, the value 
of λ used for all Δ17O calculations in this chapter is the equilibrium exchange value of 
0.5259.  
Use of the proper λ is essential when comparing between data sets. Error 
associated with the difference in the O+O2 subtracted exchange and calculation of Δ
17
O 
using Eq 2.10. O+O2 exchange equations from Morton (1990) and Kaye (1983) results in 
λ = 0.5250. A minimal difference in λ (less than 0.001) causes Δ17O for ground level O3 
to deviate by ~0.1‰. This is trivial as current measurements are an order of magnitude 
less precise but if λ = 0.52 or Eq 2.10 are used to calculate Δ17O, errors exceed 2.3‰. 
This error becomes even greater when analyzing higher enrichments of stratospheric O3. 
Therefore, by using the linear approximation rather than Equation 2.11, studies may 
disagree on the magnitude of the mass independent contribution when in actuality the 







Figure 2.5: λ determination from the slope of the O+O2 enrichment partition function 
calculation. 
 
Figure 2.6: 17O variation caused by different equation use. Adapted from Miller, 2002 
 
 This study examines the mass independent enrichment (Δ17O) of the experimental 
bulk O3 (Table 2.1), modeled asymmetric O3 (Table 2.5), and compares them with 
previous natural tropospheric O3 data (Table 2.7). Over our experimental temperature 
range (273K-320K) Δ17O was measured between 31.7 and 34.6‰ (Eq 2.11). Had Eq 2.10 
been used, values of 33.3‰ and 36.4‰ would be expected, values well outside the 1 
(a) Equation 7 
(b) Unlisted exponential equation 






measurement. This over prediction could lead to incorrect conclusions to be drawn about 
O3 enrichment and its transferred isotopic signature to other species it oxidizes. The bulk 
O3 enrichment value is the basis for our modeling of asymmetric O3 enrichment and 
subsequent over predictions could be as high as 2.7‰.   
 Bulk O3 Δ
17
O values are not the same as its terminal O atom because of symmetry. 
Isolating the asymmetric enrichment (δa) of the terminal oxygen and symmetric 
enrichment (δs) of the central oxygen from bulk O3 enrichment requires a few corrections 
but can provide better insight into possible reaction transfer of the Δ17O O3 signature. The 
mass independent enrichment of O3 is thought to primarily, if not exclusively, reside in 
the terminal atom(Heidenrich et al., 1986). Knowing the terminal enrichment is important 
for those studying NOx and SO2 oxidation pathways in atmospheric chemistry, as 
oxidation usually involves transfer of O3’s terminal oxygen atom (Costa et al., 
2011;Kunasek et al., 2010;Savarino et al., 2013;Sofen et al., 2011). 
Multiple studies have shown that isotope enrichment of O3 increases with 
increasing temperature and also with decreasing pressure (Janssen et al., 2003;Morton et 
al., 1990;S.K.Bhattacharya et al., 2002), which has been linked to isotopomer symmetry 
and the lifetime of the energetically excited O3
*
. As temperature increases, the greater 
internal energy of O3
*
 will cause the lifetime before decomposition to decrease. Also, as 
pressure decreases, the time between collisions in the gas phase increases as average 
molecular distance will be greater. Therefore, if asymmetric O3 does have a greater 
lifetime than symmetric O3 (section 1.3), the effect of the proportionally longer lifetime 






collisions to cause quenching decreases. Thus a fundamental question in theoretical 
models of O3’s isotope enrichment is the role of symmetry. 
 Symmetry effects have been evaluated by assessing the deviation from purely 
statistical isotope distributions. For 18O, the deviation from statistical distributions 
between the terminal and central atom of 
50
O3 is called r50, where δ
18
O
a and δ18Os refer to 
the isotopic enrichment of the asymmetric and symmetric isotopomers of O3 respectively 
(Eq 2.12) (C.Janssen, 2005). A statistical distribution of 
18
O would yield a r50 = 2 but , 
r50 > 2 is typically observed (C.Janssen, 2005). Changes in r50 values as a function of 
temperature have been experimentally determined using a temperature controlled reaction 
chamber and tunable diode laser absorption spectroscopy (TDLAS, r50 = 1.99-
2.13)(C.Janssen, 2005;Larsen et al., 2000). Later studies plotted the TDLAS r50 values 
versus bulk O3 
18
O values , which varies with pressure and temperature, to determine 
r50 from 18O data alone (Eq 2.13)(Bhattacharya et al., 2008;C.Janssen, 2005). Over the 
experimental temperature range of this study’s range of bulk 18O values yielded r50 
values of 2.0302 – 2.0508 (Eq 2.13). This is a deviation of less than 0.02 from the value 
predicted by Janssen. 
 Eq 2.12:      
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 Eq 2.13:      -      -               -            
17
O enrichment in O3 is also expected to preferentially exist in asymmetric O3. An 
r49 can be defined analogous to r50 (Eq 2.12 using δ17O). However, no spectroscopic 
studies of r49 have been conducted. This study does not directly measure enrichment of 
asymmetric O3 directly and therefore theoretical constraints, bulk 
18






predictions were used. First, the relationship between bulk enrichment and r50 (Eq 2.13) 




 = 0 
(Eq 2.11). Theoretical studies (Gao et al., 2002) and experimental work (Michalski et al., 
2009) agree with this assumption asymmetric O3 is expected to preferentially form while 
symmetric O3 is seen to enrich mass dependently(Δ
17O). δ17Oa, and therefore Δ17Oa, can 
then be predicted using a mass balance as bulk O3 enrichment was measured directly. 
Model 3 output (section 2.5.6) provided these predictions and is used to predict r49. 
 
2.4.4 Fit Model 
A series of 4 models were used to evaluate the temperature dependence of O3 
isotopologue formation rates. First, an empirical “fit” model was made using a 
combination of Equations 2.1, 2.2, 2.8, 2.9 to yield a single equation for bulk O3 
enrichment that accounts for both pressure and temperature variation (Eq 2.14 and Eq 
2.15). It should be noted that in Equation 2.14 and 2.15 it is assumed that temperature and 
pressure enrichment effects are independent of each other and 321K was used as the 
reference temperature. The observed isotopic enrichment was then used to determine α 
(section 2.5.5) of O3 formation reactions once O+O2 exchange depletion has been 
subtracted. 
 Eq 2.14:      [-              
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 Eq 2.15:                      
                                          
These equations predict an isotopic enrichment that matches the experimental data for all 
points within 1.5‰ and can be used to predict O3 in the atmosphere based solely on T 






with just the O3 recombination rate or separation of isotopomer recombination rates. This 
is because experimental sample measurements are of O3 that has also undergone 
fractionation from other reaction pathways, most importantly the O+O2 exchange that 
was previously discussed. 
 
2.4.5 Single IRC Models 
 To account for O+O2 exchange as well as effects from other reaction pathways a 
photochemical box model was made using Kintecus (James C.Ianni, 2002). Kintecus is a 
model constructed from an MS Excel macro that uses the very small time steps and the 
input reactions and rate constants to calculate product and reactant concentrations over 
the desired model duration. With the exception of O2 photolysis and O3 photolysis 
reactions, all rates are the same as reported in Janssen(2006)(Table 4). The measured O3 
concentration from the experimental apparatus allowed for the calculation of a J2/J1 ratio 
using the steady state approximation. This ratio was calculated to be 72,000/1 indicating 
the rate of O3 photolysis is much greater than that of O2 photolysis. This was expected 
since the primary output of the UV source used was near O3 peak absorptions at 254nm. 
J2 was calculated using the known output from the Hg vapor lamp and J1 was determined 
using the J2/J1 ratio. Double and triple substituted O3 isotopologue formation reactions 




 and would result 
in a negligible difference in predicted O3 enrichment (<0.1‰).  
















using Eq 2.14 and 2.15 to yield a single α (Eq 2.16, 2.17). The IRC represents isotopic 
fractionation factor (α) for each reaction pathway and is related to isotopic enrichment by 
δxO=(αx-1)*1000. 
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The model results are in good agreement with the experimental observations. The 
model runs was run for 2 seconds, which is the residence time of the gas in the photolysis 
chamber. The model achieves isotopic equilibrium (<0.1‰ variability) in ~0.1s. It also 
predicts an O3 concentration that agreed with the experimentally measured values, to 
within 8%. Over the experimental temperature range, the model predicted 18O and δ17O 
values within 3‰ of the experimental values. Model 1 was only intended to predict bulk 
O3 isotopic enrichment and not differentiate IRCs. Observational and theoretical concerns 








Table 2.3: Photochemical box model reactions and rates  
Rxn Reaction Rate Coefficient [IRC] 








R2.5 O + OP + M → OOP + M k2 = IRC * k1 
R2.6 O + OP + M → OPO + M k3 = IRC * k1 
R2.7 P + O2 + M → OOP + M k4 = IRC * k1 
R2.8 O + OQ + M → OOQ + M k5 = IRC * k1 
R2.9 O + OQ + M → OQO + M k6 = IRC * k1 
R2.10 Q + O2 + M → OOQ + M k7 = IRC * k1 
R2.11 O3 → O + O2 j2 = 8.671x10
-1 




R2.13 P + O2 → O + OP k9 = k11*0.5259 
R2.2 O + OP → P + O2 k10 = k9/K2 
R2.14 Q + O2 → O + OQ k11 = 1.27*e
(50*((1/T(K))-(1/300)))
*k13 
R2.1 O + OQ → Q + O2 k12 = k11/K1 
 














  K2 = 2*((0.5259*((K1/2)-1))+1) 
 




O isotopomers. IRCs for both 
Q+OO (R2.10) and O+OQ (R2.8, R2.9), where Q = 
18
O were defined for the O3 
recombination reactions , analogous P (
17
O) isotopomers were defined for 
17
O (R2.7 and 
R2.5, R2.6). The O3 formation IRCs were initially set to the values from 
Mauersberger(1999) and Janssen(2002) respectively. Model 2 used the same IRCs for 
asymmetric and symmetric products in the O+OQ (R2.8, R2.9) and O+OP (R2.5, R2.6) 
reactions. These average IRCs have a small temperature dependence as reported by 
Janssen(2002). The IRCs in Model 1 used linear temperature dependence for each 
pathway but previous work has shown that the IRC temperature dependence is almost 






Initial Model 2 output yielded 18O predictions that were within 2.9‰ of all 
experimental values, but it predicted a greater δ18O temperature dependence 
(0.4257‰/T(K)) relative to what was observed (0.322‰/T(K)). When the temperature 
dependence of IRC R2.10 was altered to reflect this study’s experimental slope, all model 
18O values were within 1.6‰ and output δ18O temperature dependence was within 
0.019‰/T(K) of the experimental value. When Mauersberger’s (1999) values for P 
containing O3 formation reactions are applied there is a 6‰ over prediction for δ
17
O but 
this was resolved by changing the R2.5 and R2.6 IRC from 1.17 to 1.16. This is an 
alteration well within 1σ of Mauersberger’s values and allowed for agreement with 
experimental data within 1.5‰.  
 
2.4.6 Split Pathway IRC Model 
 The objective of Model 3 is to use the experimental δxO data and r50 values to 
determine separate asymmetric and symmetric IRCs to predict asymmetric and 
symmetric isotopomer enrichment. This could be used in future work involving O3 
interaction with other atmospheric species to better predict the transferred oxygen 
enrichment via those reaction pathways. The IRC for R2.7 and R2.10 were not changed 
(Model 2) but the O+OQ (R2.8, R2.9) and O+OP (R2.5, R2.6) reactions were given a 
separate IRC for the symmetric and asymmetric pathway. Janssen’s (1999) rates were 
used as a starting point and compared with the expected r50 calculated using 
experimental δ18O values and Eq 2.13. This r50 of 2.137 resulted in elevated bulk and 
terminal enrichment of 94.1 ‰ and 118.3‰ respectively, which is an over prediction of 






minor, it would result in an over prediction of terminal 
18O enrichment by 28.9‰. The 
two pathways were updated to reflect Janssen’s(2002) joint IRC for the O+OQ (R2.8, 
R2.9) reaction (1.246) and adjusted to match the expected r50. The values used (Table 
2.4) agreed with the expected r50 and predicted bulk 
18
O enrichment that was within 
1.7‰ of the observations.  
 The 
18
O IRCs are well documented (Gao et al., 2002;Janssen et al., 2001;Janssen 
et al., 2002;Mauersberger et al., 1999), but r49 and IRC values for the two O+OP (R2.5, 
R2.6) pathways are lacking. Without a defined r49 starting point, Δ17Os=0 was assumed 
as all mass independent enrichment is expected to reside in asymmetric O3. With the 
18
O 
IRCs set to match the predicted r50, the symmetric 
17
O was adjusted to match the 
Δ17Os=0 assumption. Then, the asymmetric 
17
O IRC was calculated from the average 
O+OP (R2.5, R2.6) IRCs used in Model 2. The resulting model asymmetric and 
symmetric 
49
O3 enrichments were used in Eq 2.12 to calculate r49. The predicted r49 
(Table 2.5) demonstrate results similar to that of Bhattacharya(2008), where r49 is seen 
to be larger than r50 and allow for agreement of 
17O enrichment within 1.5‰. 
Table 2.4: Applied IRC values for all isotopically substituted O3 formation reactions for 
this study’s models as well as previous works (@300K) 






O+OP → OOP 1.117 1.16 1.2590 1.17 - - 
O+OP → OPO 1.117 1.16 1.0610 1.17 - - 
P+OO → OOP 1.117 1.03 1.03 1.03 - - 
O+OQ → OOQ 1.146 1.246 1.3913 1.27 1.246 1.45 
O+OQ → OQO 1.146 1.246 1.1007 1.27 1.246 1.08 









Table 2.5: Predicted enrichment and symmetry ratios from Model 3 
T(K) r49 δ17a δ17s r50 δ
18a
 δ18s Δ17Oa 
270 2.1087 89.03 32.41 2.0289 78.53 62.46 45.2 
280 2.1138 92.30 33.31 2.0338 82.24 64.36 46.4 
290 2.1189 96.20 33.63 2.0387 87.02 64.88 47.5 
300 2.1238 98.32 34.47 2.0435 89.37 66.52 48.6 
310 2.1287 101.42 34.76 2.0482 93.05 67.20 49.8 
320 2.1336 104.52 35.65 2.0529 96.60 68.89 50.9 
 
The predicted asymmetric enrichment can then be used with Eq 2.11 to arrive at Δ17Oa. 
This mass independent enrichment is transferrable to subsequent species O3 interacts with 
and can result in enrichments greater than that of bulk O3 (Mccabe et al., 2007). For an 
approximation without using the photochemical box model, Equations 2.15, 2.13, and 
2.18 can be used to approximate at Δ17Oa from temperature and pressure. Also, Equations 
2.14, 2.19 and 2.20 can be used for approximating the IRC of the split O+OP (R2.5, R2.6) 
pathways while Equations 2.15, 2.21 and 2.22 can be used for the split O+OQ (R2.8, 
R2.9) pathways. 
 Eq 2.18:                  -        
 Eq 2.19:                                      
 Eq 2.20:                                     
 Eq 2.21:                                      
 Eq 22:                                     
With the expectation that asymmetric O3 is the source of mass independent enrichment 
due to its longer lifetime, it would be expected that with constant pressure and increasing 
temperature that the asymmetric (R2.5, R2.8) IRC would increase. However, this is not 






temperature. This could be due to several causes based on the precision of previous 
spectroscopic work. While the temperature dependence of formation is expected to lie 
almost exclusively within R2.10, there may be some contribution from R2.8 and R2.9 
within that observed rate. Also, if there were a slightly larger temperature dependence 
within the O+OQ reaction (R2.8, R2.9), which would likely reside in the asymmetric 
production pathway, then the change in the IRC with temperature would likely show the 
expected trend. As this study only took measurements of bulk O3 enrichment, direct 
inference as to the specific reason for the discrepancy cannot be determined. 
 
2.4.7 Model Isotopic Enrichment Predictions 
O3’s δ
17O, δ18O, and Δ17O values produced by various temperature and pressure 
conditions were predicted using the fit model and 3 photochemical box models. The fit 
model showed how 18O and δ17O values vary with pressure dependence and this 
experiment’s temperature dependence. Predicted bulk O3 isotopic enrichment based only 
on temperature and pressure dependent isotopic enrichment (Table 2.6) differed by less 
than 1‰ on average for both δ17O and δ18O and never more than 1.5‰ for any point. 
Model 1, a box model with homogenous rate coefficients for O3 formation reactions, 
resulted in values within 3‰ of experimental values(James C.Ianni, 2002). Model 2, 
which separated IRCs for both O+OQ (R2.8, R2.9) and O+OP (R2.5, R2.6) O3 formation 
pathways, better predicted bulk enrichment values and differed from experimental values 
by less than 1.6‰ for all points. Model 3 allowed for prediction of bulk enrichment 
(within 1.7‰) and asymmetric/symmetric O3 enrichment individually. Models 2 & 3 






from experimental values less than 1‰. Making predictions of greater accuracy would 
require greater experimental precision as our model predictions were as precise as our 
experimental data (±~1‰).  
Table 2.6: Model output and deviation from experimental data for isotopic enrichment of 
O3. 
Experimental Fit Model Model 1 Model 2 Model 3 
T(K) δ17O δ18O δ17O  +/- δ18O  +/- δ17O  +/- δ18O  +/- δ17O  +/- δ18O  +/- δ17O  +/- δ18O  +/- 
273 70.8 72.4 71.2 0.4 72.9 0.5 69.5 -1.3 70.1 -2.3 70.1 -0.8 73.1 0.7 70.2 -0.7 73.2 0.8 
283 72.6 74.6 73.6 1.0 76.1 1.5 72.0 -0.7 73.3 -1.3 72.6 -0.1 76.2 1.6 72.7 0.0 76.3 1.7 
294 76.8 80.0 76.2 -0.6 79.7 -0.3 74.6 -2.2 76.9 -3.0 75.3 -1.5 79.6 -0.4 75.3 -1.5 79.7 -0.3 
301 77.3 80.8 77.9 0.6 81.9 1.1 76.3 -1.0 79.2 -1.6 77.0 -0.4 81.7 0.9 77.0 -0.3 81.8 1.0 
310 80.1 84.6 80.0 -0.1 84.8 0.2 78.5 -1.6 82.1 -2.5 79.1 -1.0 84.4 -0.2 79.2 -0.9 84.4 -0.2 
320 81.6 87.0 82.4 0.9 88.0 1.1 80.9 -0.6 85.4 -1.5 81.5 -0.1 87.3 0.4 81.6 0.0 87.4 0.4 
 
2.5 Comparison with Atmospheric Measurements 
 Previous studies have attempted to directly collect and analyze tropospheric O3 
for its stable isotope composition (Johnston et al., 1997;William C.Vicars et al., 
2012)(Table 2.7). Using the direct sampling method, Johnston(1997) observed 
tropospheric O3 
18
O and 17O values similar values to our experimental results (Table 
2.7). The sampling locations, all in the southwestern US, had very different environments 
as Pasadena and La Jolla are populated urban environments while White Sands Missile 
Range (WSMR) is in a fairly remote region and at a greater elevation (5000ft). The mean 
temperature at the three locations sampled by Johnston (1997) (Weather Underground, 
2013) was used with Model 3 to predict the O3 
17
O, 18O and 17O values. There is 
relatively good agreement between the fit data and the mean values from all 3 locations. 






3. This demonstrates successful model predictions given the wide range of measured 
Δ17O values (17.9-39.4) and the limitations of the limitations of the cryogenic trapping 




 predictions from Vicars et. al. are 
not altered to directly compare with model 3 as their work used a 3/2 Δ17Oa/Δ17O ratio for 
precition of asymmetric enrichment but is still shown for comparison. The comparison 
between laboratory and natural data would be ideal when remote locations are considered 
as sample contamination and system complexity are limited. For that reason, WSMR is 
likely the best comparison and is seen to be in the best agreement with our 
predictions(Δ17Oa deviation of 4.2‰). 
 
Table 2.7: Average tropospheric O3 data and predicted asymmetric enrichment compared 
with Model 3 prediction(Johnston et al., 1997;William C.Vicars et al., 2012).  








La Jolla, CA(29) 290.3 46.2 35.7 40.5 2.5 
White Sands Missile Range, NM(6) 286.3 45.6 41.4 43.3 1.6 
Pasadena(7) 296.0 44.0 38.8 42.0 2.1 
Experimental(Fit Data) 290.0 -- -- 47.5 -- 
Grenoble, France(20) 286.0 38.7 29.2 34.3 2.9 
 
2.5.1 Predicted O3 Δ
17
O Enrichment as a Function of Altitude 
With an experimentally validated model that can predict the isotopic enrichment 
of O3 as a function of temperature and pressure, O3 enrichment values can be modeled as 
a function of altitude. Assuming a dry adiabatic lapse rate 9.7K/km and a scale height of 
8.7km, Fig 2.8 shows the expected Δ17Oa trend with increasing altitude (28-35km). The 
temperatures are outside the temperature range of this study and therefore the enrichment 






many factors to consider when analyzing various atmospheric species (NOx, SOx) as they 
undergo many reactions other than O3 oxidation. However, the presence of a mass 
independent isotopic signature (Δ17O>0) comes almost exclusively from direct 
interaction with O3 and can be used to trace O3’s role in the atmosphere. Isotopic 
enrichment of asymmetric O3 must be accurately predicted in order to quantify how much 




 ≈ 47.5‰ is an valid 
approximation for average enrichment from O3 formation at ground level conditions. 
 
 








Figure 2.8: Predicted Δ17Oa change with altitude (troposphere). 
 
2.6 Conclusions and Limitations 
 Understanding O3 formation enrichment is an ongoing process and while the 
nature of enrichment has yet to be completely explained, there has been significant 
progress made in narrowing the potential errors associated with temperature dependency. 
The experiments performed provided a great deal of information on temperature 
dependent enrichment in an open flow, photolysis system. Despite measured enrichments 
being only representative of the bulk O3, it is still possible to make a good approximation 
of the asymmetric enrichment. Building on the previous work of Janssen(2003, 2005) and 
Morton (1990), enrichments of the flow system are seen to be within a similar range of 
total enrichment and error has been reduced from 13% of enrichment magnitude down to 






was examined and in that range temperature dependent enrichment can be expressed 
linearly. 
 The use of photochemical box modeling allowed for approximation of 
isotopologue rate coefficients for all O3 formation pathways with minimal assumptions 
from previous works(Janssen et al., 2002;Mauersberger et al., 1999). While there may be 
precision related issues with the ability to separate each pathway, bulk enrichment output 
showed agreement with experimental values within 1.7‰. When combined with the work 
of Janssen (2005) and Bhattacharya(2008), asymmetric enrichment resulting in a mass 
independent enrichment signature(Δ17Oa ≈ 47.5‰) can be approximated. 
  The ability to approximate terminal enrichment of oxygen in O3 also provides 
insight into how reaction pathways could be examined using Δ17O as a tracer for 
interaction with O3. Vicars (2012) has already examined isotope transfer from O3 to 
nitrite in solution to form nitrate, which may be considered analogous to a variety of O3 
interactions with NOx species. When compared with tropospheric data from Vicars(2012) 
and Johnston(1997), there is reasonable agreement that is likely limited due to other 
contaminating factors at sample locations. The most remote location (WSMR) was in 
great agreement with the data presented and while complex urban environments may be 
currently beyond the scope of direct comparison, there is potential to gain perspective on 







CHAPTER 3.  A PROXY METHOD FOR SAMPLING ISOTOPES OF O3 
3.1 Introduction 
 O3 is an important oxidant in tropospheric reactions and its unique isotopic 
signature can be used as a tracer to better understand those reactions, but this requires 
knowing the isotopic composition of tropospheric O3. Most oxygen containing molecules 
are fractionated mass dependently, meaning their δ17O/ δ18O ratio is ~0.52. O3 
fractionates mass independently and often has a δ17O/ δ18O ratio >0.8. Any deviation 
from the mass dependent ratio is calculated as Δ17O (section 1.4). As O3 reacts with other 
molecules in the atmosphere any transferred oxygen atom from O3 to the product 
molecule will cause a Δ17O>0. This can potentially be used to describe the reaction 
mechanism and how great a role O3 has played.  
 Laboratory studies have been performed to investigate O3’s large isotopic 
enrichments. Primarily the focus has been on what causes these isotopic enrichments and 
how are they affected by temperature and pressure. This thesis along with previous 
laboratory studies all show that both pressure and temperature have a significant affect as 
isotopic enrichment increases with increasing temperature and decreasing pressure. But it 
is unclear whether the isotope effects in O3 produced in well controlled lab studies is the 
same as that in the troposphere where it undergoes significant secondary reactions and is 






O3 in the troposphere is difficult to directly collect for isotope analysis. This because 
its mixing ratios are ~10 ppbv in pristine environments to ~50 ppbv in polluted 
environments. The current method collects and purifies tropospheric O3 using a complex 
set of reactive and cryogenic traps that are difficult to operate, expensive and requires 
10+ hrs of sampling time (Johnston et al., 1997). The accuracy and precision of this 
method is also questionable. For example, if the traps or system pressure were to change 
significantly during O3 collection, condensed O3 could reenter the gas phase which would 
likely result in retention of isotopically heavy O3 as the lighter isotopologue would 
preferentially degas. Therefore, a new accurate, efficient and cost effective way of 
collecting tropospheric O3 for isotopic analysis would be highly desirable. . 
 This chapter discusses an attempt to develop a proxy approach to analyzing the 
isotope composition of tropospheric O3. The proxy approach would use O3 to oxidize 
another compound and the oxygen isotope composition of the reaction product would be 
analyzed as a surrogate for O3.  The requirements for the proxy approach are that 1) O3 
must quantitatively and easily transfer one or more of its O atoms to the product 
compound 2) The reaction product must not readily undergo isotopic exchange with its 
surroundings and 3) analysis of the product is relatively straightforward. Nitrite was 
chosen as the proxy reactant because it reacts with O3 very efficiently to form nitrate and 
this reaction meets the three proxy method criteria. The O3+ NO2
- 
reactivity, atom 
transfer, and the isotope exchange properties of the reaction are detailed in section 3.2. 
An experimental bubble chamber to facilitate the gas (O3) to aqueous (NO2
-
) reaction was 
built and tested and is discussed in 3.3. Discussions of analysis issues caused by 
analytical blanks, methods of purifying the NO2
-






excess NO2- post reaction are discussed in sections 3.4, 3.5, and 3.6 respectively.  Details 
of the isotope analysis of the product NO3
-
 using two different established methods are 




 Reactivity and Isotope Transfer 
 Measuring O3’s isotopic enrichment by proxy directly requires rapid and 
quantitative transfer of an O atom to a product molecule. NO2
- 
reacting with O3 to 
produce NO3
-











, R1) reaction is rapid (Liu et al., 2001), therefore an 





 . Dynamical calculations show that the reaction occurs 
through the abstraction of the terminal O3 atom (Liu et al., 2001). There is interest in the 
isotopic variation of the terminal atom of O3 because it can test symmetry effects 
postulated by theory so the reaction is also ideal in that respect (section 3.5.3). It has been 
shown that quantitative of O3 terminal atom transfer does occur and that the isotopes are 
conserved during the reaction (Michalski et al., 2009). Also the product NO3
-
 does not 
undergo isotopic exchange with water at pH > 4 (Bunton et al., 1952;C.A.Bunton et al., 
1953), thus it would preserve the isotope transfer during storage (see further discussion in 
section 3.6). Therefore, if a sampling method using this reaction could be proven to be 
effective, this could be a new accurate, efficient and cost effective way of determining 
tropospheric O3 for isotopic composition.  
R1:              
-








3.3 Ozone Scrubbing Method Using a NO2
-
 Bubbler 
 An experimental bubble chamber to facilitate the gas (O3) to aqueous (O3) transfer 
and subsequent O3 + NO2 reaction was built and tested (Fig 3.1). Gas bubblers were 
chosen that had a fritted disk with a fine pore size and large surface area to maximize 
flow while maintaining fine bubble size. The initial O3 concentration was determined 
using a 2B Technologies O3 monitor that monitor took 10s averages of O3 concentration 
placed prior to the bubbler containing an NO2
-
 solution. The NO3
-
 yield was calculated by 





/s), sampling time(s), and scrubbing efficiency divided 
by Avagadro’s number(NA)(Eq 3.1). 
 
Figure 3.1: Laboratory O3 bubbler apparatus 
 
Eq 3.1:    
-       
           
            
  
 
 The rate at which gas phase O3 molecules will diffuse within the bubble and either 
contact the solution at the bubbles surface or be absorbed into solution and react with 
NO2
-






bubbles should have a uniform bubble size distribution and will take the same time to exit 
the solution based on solution depth. Since O3 must diffuse to the bubbles surface to react, 
the smaller the bubble size the shorted the diffusion distance and thus the more efficient 
the reaction. Small bubble size was maintained by regulating flow with an Omega flow 
meter and using a fritted disc with the finest pore size that doesn’t limit gas flow. 
Experiments showed that a < 2 second bubble transit time was sufficient for ~99% of the 
O3 to be removed (Fig 3.2). 
 
 




 High O3 scrubbing efficiency was found to be a function of the NO2
-
 
concentration. Trials were conducted to assess what NO2
-
 concentration would be the 
ideal scrubbing solution. Small bubble size were critical and the sizes were qualitatively 
assessed through side by side digital image comparison and were found to decrease with 






was limited to 1.5 L/min as bubbles were sufficiently small to maintain 99% reaction 
efficiency. NO2
-
 was chosen because it reacts with O3 and decreases bubble size. NO2
-
 
concentrations were tested from 1mM to 1M and bubble size was seen to decrease with 
increasing concentration (Fig 3.2). At 64mM, the NO2
-
 solution removed 99% of all O3 
and above that concentration scrubbing efficiency increased minimally (< 0.5% increase 
at 128mM). The higher NO2- concentration without increasing the product yield is not 
advantageous because excess NO2
-
 would need to be removed in later processing steps. 
High scrubbing efficiency is desirable because this would improve the temporal 
resolution of real world O3 sampling. Also, while other trace oxidant species could react 
with the NO2
-
 solution, they exist in such low concentrations that they will not affect later 
isotopic measurements. Despite the abundance of molecular oxygen (O2), it will not react 
with NO2
-
 and therefore will not affect isotopic analysis of O3 but the solution is light 
sensitive and must remain covered whenever possible (Mack, 1999).  
For the NO2- proxy methods to be considered an effective means of determining 
tropospheric O3’s isotopic composition, laboratory measurements of the product NO3
-
 
must be proportional to the O3 it was reacted with. Laboratory O3 reactions were done to 
compare isotopic enrichment of the product NO3 and collected bulk O3. An high purity 
oxygen tank (99.99%) was connected to an O3 generator (Prozone) which produced O3 
concentrations in excess of 100ppmv and simultaneously bubbled through the 64mM 
NO2
-
 solution and collected in a vacuum line system. The vacuum line O3 was then 
condensed onto a sieve trap which converted it to O2 which is then analyzed using the 
dual inlet IRMS. The NO2
-













solution was then neutralized and converted to AgNO3 salt that is thermally decomposed 
to O2 and again isotopically analyzed using the dual inlet IRMS. The O3 was collected 
directly in cryo traps (section 3.3) and the resulting O2 gas was analyzed on the dual inlet 
IRMS.  
 Since the terminal atom of O3 that reacts with NO2
-
 to form NO3
-
 is expected to 
have a Δ17O 1.5 times greater than bulk O3 value (see Chapter 2). Since the extracted O 
atom account for only 1 of 3 in the NO3
-
 molecule, the other from the NO2- reactant, 
Δ17O of NO3
-




 from these few tests 
had varied Δ17O values due to unrefined NO2
-
 solution processing but values of ~12‰ 
were common. The data was sparse and of low precision but it does lead to an expected 
Δ17O of the reacted O3 of 24‰. This is below Δ
17
O O3 values measured in later work 
(~30‰, section 2.3). While this does not prove that O3 Δ
17
O quantitation was possible, it 
does demonstrate the validity of the bubbler sampling method as any NO3
-
 not produced 
from reaction with O3 would have a Δ
17




 Contaminant in NO2- Bubbler Solutions 
It is important that all NO3
-
 in the solution was generated from NO2
-
 reacting with O3, 
rather than being a reagent blank. The initial NO2
-
 solutions were made from KNO2 salts 
(98%+). A small amount of NO3
-
 impurity (>10μmol in 12.8mmol of NO2
-
) was always 
present in the solutions. Since NO2
-
 solutions were made in bulk and stored for later use 
the source of the NO3
-
 contaminant may have been NO3
-
 production during storage.  NO3
-
 
contaminant quantity in NO2
-
 solutions can be affected by solution pH as well as the 
container they’re being stored in generating NO3
-






Claude Wolff et al., 1997). Solutions were also made just prior to use but the NO3
-
 blank 
persisted which means it is likely a salt impurity. This is problematic since blank NO3
-
 
will have a Δ17O=0 which causes dilution of the measured Δ17O value yielding a 
measurement between 0 and that of the Δ17O of O3 reacted NO3
-
. If the contaminant 
amount were consistent then it could be calibrated for and accurate measurements related 








 Contaminant from the NO2
-
 Solution by Chromatography 
 The NO2
-
 solution purity can be improved using anion exchange resin. These 





. An anion exchange resin was chosen because the anion capacity (the amount 
of anions retained on the column) can be easily varied by adjusting the resin quantity 
used. Also, post separation collections of NO3
-
 are simpler than with traditional HPLC 
because it’s a non-destructive separation method and has higher eluent flow rate. Anion 





, however, have very similar binding efficiencies which 
makes them difficult to separate because of the large amount of NO2
-
 present. Ideally, 
resin separations are performed by having enough resin to trap the anion with higher 
trapping efficiency while the other anion(s) flow freely through the column for collection 
or disposal. To improve separation characteristics the resin’s anionic “form” was changed. 






The form can be changed by treating resin with a concentrated solution of the anion 
you’d like to change it to. We chose to change resin to OH- form after chloride 
separations proved ineffective. Hydroxyl form was chosen because of its low binding 




 and potentially 
allow for better separation. 
 Changing column length, eluent concentration, and eluent flow rate were also 




. When column selectivity is 
insufficient to separate anions, rate of separation must be slowed to improve column 





 more substrate to interact with thereby allowing them to separate more effectively. 
This was not an ideal choice due to the high cost of resin as well as the long resin 
regeneration process which generated significant waste that must also be processed. 
Another way to slow separation is to change eluent concentration and flow rate. Eluent is 




 from the resin and move them down the 
column for collection. The anion chosen for the eluent must have a high enough binding 
efficiency to displace the analyte but not so high as to not allow it to rebind. By lowering 
analyte concentration or slowing eluent flow rate, a shorter column can be used but 





 and while it may have been possible with optimized column and eluent 
conditions, those conditions would be prohibitively expensive so a different NO2
-
 









 Contaminant from the NO2
-
 Solution by Cadmium Reduction 
 An alternative approach is to reduce the NO3
-
 contaminant to NO2
-
 using 




 is very effective. Since 
the NO3
-





salt used must be 99.9999% pure in order to obtain accurate isotope data from O3 reacted 
NO3
- 
. Cd is ideal as it will reduce NO3
-
 without the need for additional chemical 
reactants to be added to the solution. 
 Cd offers great NO3
-
 reduction efficiency in various forms. Granular Cd allows 
for the simplest reduction as it only requires the Cd granule’s surface to be cleaned and 
placed in solution for reduction of NO3
-
 to occur. However, granular Cd doesn’t have 
high enough reduction efficiency with 85% of NO3
-
 is reduced to NO2
-
(V.V.Nikonorov et 
al., 2000). “Spongy” Cd is an activated form of Cd with greater reduction efficiencies 
(96.4%) but this was also insufficient (Deng et al., 2001). Copperized Cadmium (CuCd), 
another form of activated Cd that used a thicker copper coating, seemed to be the only 
potential option as it was reported to have 100% reduction efficiency. However this could 
be misleading as even 99.9999% reduction would be insufficient and thus CuCd must be 
tested before it is assumed to be applicable for our solutions. CuCd is expected to 




 by the Cu coating acting as a cathode, allowing for 
more efficient electron flow between Cd and NO3
-
(Jia-Zhong Zhang et al., 2000). 
 CuCd production proved to be problematic. Methods to produce CuCd granules 
were simple but often required longer reaction times and produced a poor copper coating 
(Martha N.Jones, 1984). The common element between all methods was the use of 






allow for the coating to form. This produced a great deal of “Colloidal Copper”, fine Cd 
fragments, and CuSO4 solution waste. Colloidal copper was a fine grain cluster of 
expelled copper that must be removed from the agitation vessel in order for Cd copper 
coating to continue. Since Cd is a soft metal, the constant agitation caused the granules to 
erode each other and produce fine Cd fragments, which also reduced the total amount of 
CuCd produced. Finally, CuSO4 was in excess in solution to drive the coating reaction 
and there was significant excess remaining once granule production was completed 
which could not be reused. All of these waste products accumulated in great volume and 
had to be stored and processed which was exceptionally time consuming so a more 
modern approach was needed. 
 The “Rapid Assay” method proved to be most effective method for producing 
CuCd(Cortas et al., 1990;Kranti Sorte et al., 2010). This method was a modification of an 
earlier method that now used a greater CuSO4 concentration(0.2M) in a glycine buffer 
solution(0.2M adjusted to 9.7pH) to have a thicker Cu coating applied in a shorter 
time(~30s). Figure 3 shows the expected CuCd granule appearance after the coating 
reaction and clearly the “Rapid Assay” method produced the most effective coating. The 
method also was beneficial due to its limited waste production as it made no colloidal 










Figure 3.3: CuCd granules produced from both methods (Cortas et al., 1990) 
 
 CuCd batch and column reduction were compared using the prepared granules. 
The batch reduction method entailed CuCd granules being places in a bottle with a NO3
-
 
test solution and being agitated on a shaker table (120rpm) for 1-30min. The column 
reduction method involved a glass column packed with CuCd granules and the NO3
-
 test 
solution was allowed to slowly flow through the column. In both instances the test 
solution was collected after reduction and analyzed via HPLC to see if any observable 
NO3
-





and initial tests did not show any NO3
-
 in the chromatograph but this was due to the size 
of the adjacent NO2
-
 peak overlapping any potential signal. Later tests used much lower 
NO3
-
 concentrations and peak separation was adequate and residual NO3
-
 was present 











completion and is therefore insufficient to allow for the minimal sample size of 100nmol 
NO3
-
 to be isotopically analyzed. 
 
3.6 Removing Residual NO2
- 
From Bubbling Solution 
 O3 reacting with NO2
-
 only creates a small amount of NO3
-
 and the excess NO2
-
 




 solution concentration 
(64mM) for reaction with O3 was chosen because of its high scrubbing efficiency (99%) 
which could allow for collection times of ~30min assuming 50ppbv O3 concentrations. 
The 200mL of solution used in each trial has 12.8mmol of NO2
-
 which is in great excess 
and must be removed before isotopic analysis of the analyte NO3
-
 can be performed. Only 
100nmol of NO3
-
 is required to get δ18O which is ideal since the lower the amount of 
NO3
-
 needed the greater the time resolution of sampling. The small sample size can also 
be problematic since NO2
-
 can interfere with isotopic analysis. NO2
-
 undergoes the same 
reaction in the bacterial denitrification method(section 3.7.2) as NO3
-
 to produce N2O gas 
which then dilutes or even completely washes out any NO3
-




 removal presents new challenges such as potential isotopic exchange. Using 
azidoic or sulfamic acid to remove residual NO2
-
 can potentially catalyze oxygen 
exchange as nitrous acid will exchange with water and then readily exchanges with nitric 
acid causing a two-step water/NO3
-
 oxygen exchange(C.A.Bunton et al., 1953). This is 
important because the oxygen isotopic signal (Δ17O, δ17O, δ18O) would be representative 
of water and not O3. If NO3
-
 were the only anion present in solution, oxygen exchange 






occur(C.A.Bunton et al., 1952). NO2
-
 more readily undergoes oxygen exchange with 
water under acidic conditions and catalyzes oxygen exchange between NO3
-
 and water 
(C.A.Bunton et al., 1953); (Bunton et al., 1959). The exchange was examined by adding 
various amounts of a known NO3
-
 standard to a stock NO2
-
 solution and removing the 
excess NO2
-
 by the azide reaction method (section 3.6.1). The internal NO3
-
 standard 
known as “Hoffman” has a known Δ17O = 21‰ and would be the expected value after 
NO2
-
 removal since it would be the only source of mass independent signal. NO3
-
 was 
isotopically analyzed using the thermal decomposition method (section 3.7.1) as was 
“Hoffman” NO3
-





 blank could be calculated by how much the Δ17O signal deviates from the 
known standard in a mass balance. If all samples showed identical amounts of blank then 
isotopic exchange either doesn’t occur or is identical across the examined NO3
-
 
concentrations. The varied values of Δ17O (Fig 3.4) are expected as a consistent blank 
would dilute Δ17O signal proportionally to the amount of NO3
- 
added. Oxygen exchange 
is clearly occurring since as NO3
-
 in solution increases, so does blank quantity (Fig 3.5). 
NO2
-
 solutions were made and processed identically, so it is not the blank that is actually 
increasing. Instead, oxygen exchange between NO3
-
 and water is producing more NO3
-
 
with Δ17O = 0‰ which will then be calculated as blank. Had future tropospheric O3 
sampling tests been successful, a calibration between expected NO3
-
 concentration and 








Figure 3.4: Δ17O measured from Hoffman NO3
-





Figure 3.5: Blank increase when baseline blank is considered the amount present in the 






 removal efficiency was tested via ion chromatography(IC). Ideally NO2
-
 
removal would be 100% efficient but since this is unlikely, removal to level below the 






chromatographs for a for an NO2
-
 removal test solution had incomplete NO2
-
 removal and 
while a combination of azide reaction and sulfamic acid addition can reduce NO2
-
 levels 
to below detection limits it is unlikely that this can be done without significant oxygen 






 Removal by Reaction with Azide 
 Reaction with azide is an effective means to eliminate excess NO2
-
. The 
reaction(R3.2) is ideal because the unwanted NO3
-
 is removed from the solution entirely 
and not transformed into another unwanted molecule. Azide reacts with NO2
-
 under 
acidic conditions to form gas phase nitrous oxide and diatomic nitrogen which bubble out 
of solution and are evacuated in a fume hood. Reactions were done in a Erlenmeyer flask 
with a spin bar to agitate the solution and were relatively quick as 12.8mmol of NO2
-
 
could be removed from solution in ~15min. Reaction rate was acidity dependent since 
acid was the only component that could be added in excess to drive the reaction.  
 R3.2:       
         
        
                      
This was done with the addition of cation exchange resin because adding acid directly 
like sulfuric or hydrochloric would only result in NO2
-
 and azide being replaced by 
chloride or sulfate. Using H
+
 form of cation exchange resin was an ideal source of acidity 
since the sodium and potassium cations in solution would preferentially bind to the resin 
releasing protons and thereby driving the reaction. This also served to remove excess 
cations from solution as well while unwanted NO2
-
 reacted and degassed. Once 
completed ~99% of NO2
-
 was removed which is insufficient since NO3
-






~100nmol and 1% residual NO2
-
 is 128,000nmol. Therefore further processing was 
necessary but the azide reaction provided a quick reaction to remove the bulk of the NO2
-
. 
 Control solution analysis was difficult due to poor IC peak separation between 
NO3
-
 and azide. Just as with residual NO2
-
 analysis, residual azide had to be assessed due 
to its potentially harmful effects on later isotopic analysis Since the NO2
-
 removal 
reaction was under titrated with azide there should be none remaining in solution but 
control tests were required to determine how long complete removal would take. Test 
solutions were made with NO2
-
 only as any addition of NO3
-
 would made azide 
concentration determination exceptionally difficult. This is because NO3
-
 and azide have 
nearly identical retention times when performing anion concentration analysis using 
HPLC. Despite testing solutions with no added NO3
-
, azide determination was limited as 
NO2
-
 solutions contain significant blank NO3
-
 and the amount of azide being detected was 
<1ppm. Qualitative assessment azide/NO3
-
 peak size seemed to indicate that nearly all 
azide was removed after 15 min but further testing using the bacterial denitrifier method 
would ultimately determine if harmful levels remained. 
 While the azide reaction is very effective of removing NO2
-
, it has several 
drawbacks. The main issue is that the azide/NO2
-
 removal reaction (R3.2) requires 
significant acidity which causes oxygen exchange that dilutes the Δ17O signature we are 
interest in. Also, none of the discussed NO2
-
 solution processing reactions provide any 
isotopic data and therefore must be coupled with other methods to arrive at the oxygen 
enrichment measurements we are interest in. Most NO3
-
 isotopic analysis was done using 
thermal decomposition of AgNO3 which is problematic when azide is used to react with 
NO2
-






equipment and harm lab staff. The bacterial denitrifier method was also used to obtain 
oxygen isotopic data from NO3
-
 but again if residual azide is present this method is not 
functional as bacteria are killed with minimal azide concentration and therefore unable to 
convert NO3
-




 Removal with Sulfamic Acid 
 Reaction with sulfamic acid was used to eliminate residual NO2
-
 that was not 
removed using azide and still allow for isotopic analysis via bacterial denitrification. 
Addition of sulfamic acid will reduce sample solution to a pH< 2 but in comparison to 
the acidity and hazards associated with azide it is a vast improvement. The azide reaction 
is still ideal since all unwanted molecules are completely removed from solution by 
conversion to gas phase products but remaining NO2
-
 must still be removed and that is 
where sulfamic acid becomes ideal.  
 R3.3:                                               
The reaction between sulfamic acid and NO2
-
(R3.3) produces water and sulfuric acid that 
remain in solution and N2 gas that degasses. The amount of NO2
-
 that can be removed has 
been reported to be up to 7 times the amount of NO3
-
 present in solution but others have 
shown that it can be used to remove significantly larger quantities(Julie Granger et al., 
2009;Krystin Riha, 2013). The greatest benefit of sulfamic acid NO2
-
 removal is that it 
allows for data collections using bacterial denitrification. The sulfuric acid produced in 
the reaction can be neutralized with a base and the salinity of the solution is still 
sufficiently low to not affect N2O production or cause significant oxygen exchange. 








showed reaction times of ~3min but with such a small NO3
-
 sample size(~100nmol) the 
reaction must be run much longer(hours) to achieve sufficient NO2
-
 removal(Julie 




 Processing Methods 
 NO3
-
 must be processed or transformed into a useable form before direct detection 
of oxygen isotope variation. When O3 reacts with NO2
-
 in solution it forms aqueous NO3
-
. 
When using the Delta V IRMS in its current configuration, isotopic analysis requires that 
samples be in the gas phase and are between 18m/z and 46m/z. If NO3
-
 were to be 
introduced in the gas phase it would still exceed m/z limitations as singly charged NO3
-
 
would be 62 m/z. Therefore, NO3
-
 in solution must undergo so reaction before δ17O, δ18O, 
Δ17O can be obtained. Our chosen methods are thermal decomposition of AgNO3, which 




 Thermal Decomposition 
 Silver NO3
-
(AgNO3) thermal decomposition allows for high precision oxygen 
isotope analysis of NO3
-
. When heated above 450K AgNO3 decomposes to produce O2 
(R3.4) gas which is ideal for dual inlet IRMS analysis. The O2 gas is collected in a sample 
bellow and directly compared with an O2 reference gas. Measurements of m/z 32, 33, and 












O respectively and allows for the calculation 






17O can be approximated as 3 times the Δ17O measured from O2 produce from 






time allowing for high precision data collection as the dual inlet changeover block 
alternates between sample and reference O2. 
 R3.4:                                
 AgNO3 is produced by a series of reactions and thermally decomposed. NO3
-
 
extracted from the NO2
-
 bubbler solution would form a NaNO3 or KNO3 salt if left in its 
original form. After acidic azide reaction removes nearly all residual NO2
-
 and replaces 
most cations with H
+
, the solution is neutralized by addition and agitation with excess 
Ag2O which generates aqueous AgNO3. The solution is then filtered and frozen before 
water is removed by sublimation in a freeze dryer. Sublimation allows the water to be 
removed while leaving a pure AgNO3 salt which can be measured(~3mg) and placed into 
a silver capsule for thermal decomposition. While AgNO3 undergoes thermal 
decomposition at ~450K, higher temperatures(~500K) will produce a more O2 
consistently and in a shorter time. NO2 is also produced from the thermal decomposition 
reaction which must be removed to obtain accurate isotopic measurements from O2. Both 
gases are passed through a cryo trap(77K) that is cooled with liquid nitrogen and NO2 
readily condenses while O2 vapor pressure is sufficiently low to allow it to pass. O2 is 
then trapped on a sieve in a collection tube under liquid nitrogen. The collected O2 can 
then be allowed to expand into the dual inlet bellow system of IRMS analysis. All of 
these collection and reaction processes are very labor intensive and difficult to automate 
as decomposition and collection are very condition sensitive and gas transfer lines must 
be cleared under vacuum pressure between O2 collections. Finally, while AgNO3 thermal 






2mg, 12μmol AgNO3) because of the required O2 pressure in the sample bellow to 
perform the necessary replicate measurements. 
 
3.7.2 Bacterial Denitrification 
 Dentitrification is the ideal method for oxygen isotopic analysis of NO3
-
 solutions. 
Any experiment examining a natural system will have a large volume of samples since 
the non-pristine nature of the sampling will require a high number of replicates to 
produce reasonable precision. This mean that a large number of NO3
-
 solutions will need 
to be processed in order to examine tropospheric O3 had the bubbling apparatus and NO2
-
 
removal functioned well enough with such low concentrations. The bacterial denitrifier 
method is therefore ideal since once NO3
-
 is introduced to a bacterial solution in a closed 
vial, the rest of the isotopic analysis can be automated which dramatically improves 
throughput over manual methods. Also, AgNO3 thermal decomposition required at least 
12μmol of NO3
-
 whereas denitrification requires ~100nmol for δ18O and ~500nmol for 
δ17O, and Δ17O. 
 Bacterial denitrification utilizes Pseudomonas aureofaciens to produce a N2O gas 
from NO3
-
which can be used for isotopic analysis of the NO3
-
. A dilute NO3
-
 solution is 
introduced into a bacterial solution and pseudomonas aureofaciens are a species that will 
sequentially reduce NO3
- 
(R3.5) known as denitrification (Casciotti et al., 2002;Reddy et 
al., 1984). Most denitrifying bacteria will reduce NO3 all the way to N2 but Pseudomonas 
aureofaciens provides incomplete denitrification stopping at N2O. 
 R3.5:    
     






N2O then degasses from the bacterial solution and is trapped in the headspace of the 
reaction vile where it remains until extraction. An autosampler is used to extract gas from 
the vial headspace with a helium back pressure and the N2O is passed through a series of 
chemical traps removing unwanted components such as water vapor and carbon dioxide 
and is then condensed in a series of cryo traps which focuses the N2O gas to allow for 
greater signal intensity. N2O analysis can only provide δ
18
O values because while 46 m/z 
is almost exclusively from present of 
18
O not 2 
15
N atoms, the presence of a single 
15
N is 
more likely than 45 m/z from 
17
O. Therefore N2O can provide information on 
15
N 
enrichment, further gas reactions must be performed to obtain δ17O. 
 Extensive calibration and data correction is required to insure the accuracy N2O 
measured oxygen enrichments. As previously discussed, the presence of residual NO2
-
 in 
solution can dilute the isotopic signature of NO3
-
 and this is also true when using 




 in the same 
manner(R3.5) and will reduce NO2
-
 to N2O which will be mixed with N2O from NO3
-
 
reduction. This is accounted for in pre-IRMS NO3
-
 solution processing but lower than 
expected enrichment data can suggestion that NO2
-
 removal was incomplete. Corrections 
must also be made to account for N2O dilution from helium carrier gas in the “open split” 
gas interface. After exiting all the focusing and trapping elements, N2O enters the IRMS 
through a capillary that extracts N2O from the open split, a sample introduction apparatus 
that allows for continuous gas introduction in an open capillary tube. The large excess of 
helium mixed with N2O causes significant deviation from the true isotopic values (Riha 
et al., 2013). There is also error associate with instrument drift which can be from a 






column retention time drift. To correct for many of these issues, intermittent calibration 
standards are placed in the sample run so drift can be assessed by how far those standards 
deviate from their known values. While the automation allows for high sample 
throughput, post processing data correction can cause error if not handled carefully. 
 Addition of catalytic gold reduction allows for collection of Δ17O data to be 
acquired. Our primary interest is Δ17O signal from NO3
-
 so our needs are not met by N2O 
analysis alone because of its inability to measure δ17O. Therefore, N2O was passed over 
gold wire heated to 1173K which reduces N2O to N2 and O2 (R3.6)(Kaiser et al., 2006). 












O are measured allowing for the calculation of δ17O, δ18O, and Δ17O. A downside to 
this method is that the ~100nmol required for N2O analysis is insufficient and at least 
~500nmol must be added to the bacteria for enough O2 gas to be produced for reliable 
measurements of Δ17O. 
 R3.6: N2O + Au → N2 + O2 + Au 
 
3.8 Potential Improvements 
 Effective tropospheric O3 collection is limited by the required minimum sample 
size for isotopic analysis. Assuming 10ppbv O3 concentration, 500nmol of NO3
-
 could be 
produced from reaction with NO2
-
 in the bubbler in ~12hrs which is reasonably fine 
temporal resolution. However with the limitations of the NO2
-
 removal processes and 
amount of NO3
-
 blank in solution, 1mmol of NO3
-
 would likely be needed to obtain 
accurate isotopic data and bubbler collection time would have to be extended to ~10days. 






limitations would be dependent upon the dilution associated with the open split gas 
introduction interface. If this were bypassed and the gas inlet capillary could be directly 
connected to the ion source, the lack of dilution would intensify the signal intensity and 
allow for smaller amounts of NO3
-
 to be needed and would improve temporal resolution. 
 Significantly altering the atmospheric gas sampling apparatus could allow for 
greater sample collection. The bubbling apparatus described in section 3.3 allows for 99% 
O3 scrubbing efficiency and while this may seem near perfect, the large amounts of NO2
-
 
needed in the bubbling solution make it not ideal. Maintaining high scrubbing 
efficiencies while decreasing the amount of NO2
-
 needed could be possible based on 
improving the surface area and interaction time between gas phase O3 and NO2
-
 solution. 
If a finer fritted disk could be used to decrease bubble size, this would increase surface 
area of each bubble allowing for greater interaction between gas and liquid. A longer 
column length for the bubbles to travel up would increase reaction time and allow for 
higher O3 scrubbing. So while NO2
-
 concentration in the 200mL bubbler used in this 
work needed to be 64mM, finer bubble size and a longer path length would allow a 
similar volume of solution with lower NO2
-
 concentrations to achieve the same effect.  
 NO2
-
 removal reactions and salt purity are the limiting factors in this O3 sampling 
method. The small amounts of NO3
-
 needed for isotopic analysis is a great asset from a 
time resolution view but become very limiting because of the high purity NO2
-
 solutions 
required to obtain pure salts capable of producing accurate isotopic measurements. NO2
-
 
salts of high purity are difficult to maintain as they are hydroscopic and photo sensitive 
and tend to form NO3
-
 blank when left exposed. High purity(>99.999%) NaNO2 can be 











 solution with the exception of reaction with O3 would be ideal but exceptionally 
difficult. However, it would be much more plausible through extensive control tests to 
determine if NO3
-
 blank concentration could be simplistically related to bubbler 
conditions which would allow for calibration of final data. Calibration would still be very 
difficult because NO2
-
 removal reactions have been shown to cause oxygen isotopic 
exchange with water and a non-acidic NO2
-
 removal reaction or high concentration 
separation technique is needed to eliminate this problem. 
 
3.9 Conclusions and Implications 
 Tropospheric O3 remains difficult to sample from bulk atmospheric gas due to its 
low concentration. With current NO3
-
 blank concentrations in NO2
-
 solutions a large 
amount of O3 (1mmol) would have to be reacted to produce enough sample NO3
-
 to result 
in accurate isotopic measurements. In most locations this would take up to 10 days and 
would still be unreliable as high gas flow through NO2
-
 solution causes significant 
evaporation which limits scrubbing efficiency. The method in its current form cannot be 
used for low concentration O3 analysis except potentially in high pollution locations such 
as dense cities or industrial complexes as their high VOC and NOx emissions can cause 




 solution sampling can be done, it offers unique information about terminal 
O3 enrichment. Reaction with NO2
-
 was specifically chosen because O3’s terminal 






the Δ17O signature found in atmospheric molecules. O3 formation’s mass independent 
enrichment is unique and while bulk O3 has been collected and isotopically analyzed, 
enrichment of the terminal atom alone has not been achieved(Johnston et al., 1997). 
Chapter 2 attempts to derive terminal enrichment from measured δ17O and δ18O of bulk 
O3 through experimental relationships but direct sampling would potentially provide 
observations to validate or refute those calculations. 
 Terminal O3 enrichment can be used in a variety of atmospheric reaction studies. 
Because mass independent fractionation is so uncommon, reaction with O3 can be 
assumed when high Δ17O is observed. This provides a useful method to study 
atmospheric reaction mechanisms and specifically cleansing mechanisms as only species 
with some direct or indirect O3 reaction with have a significant Δ
17
O. Since O3 is highly 
reactive this means reactions with NOx, SOx, and HOx, can be better understood if 
terminal enrichment of O3 defined. Current O3 enrichment data provides much evidence 
as to its reaction pathways but quantitation reaction kinetics and pathway preference will 








CHAPTER 4. CONCLUSIONS 
 Laboratory findings can be used to determine 18O and 17O values of O3 formed 
at tropospheric temperatures and pressure. The open flow photolysis chamber experiment 
yielded temperature dependent slopes for δ17O, δ18O, and Δ17O of 0.2385, 0.3216, 0.0649 
respectively. In the experimental temperature range (273K-320K), δ17O was found to be 
between 70.9-81.6‰ with δ18O between 72.4-87.0‰. Previous works yielded much less 
precise isotopic enrichment data which therefore did not allow for a conclusion to be 
drawn about whether temperature and pressure effects were independent from each other. 
As they are often considered to be independent of each other and our δ17O data was in 
agreement with this assertion, temperature and pressure independence was assumed for 
future photochemical box model predictions.  
 O3’s isotopic enrichment is expected to vary between the central and terminal 
atom, so asymmetric and symmetric must be predicted independently. Symmetric O3 is 
expected have Δ17O = 0‰, which means measured Δ17O from bulk O3 resides in the 
asymmetric species. The ratio of isotopic enrichment (r50) between the two isotopomers 
also doesn’t follow the statistical prediction of 2 to 1. By assuming only that symmetric 
O3 Δ











prediction of Δ17O in other atmospheric molecules such as NOx and SOx as they are 
isotopically enriched through O3 terminal atom extraction. 
 Determining the isotopic composition of tropospheric O3 using nitrite was 
unsuccessful but can still provide information about terminal isotopic enrichment when 
reacting with higher O3 concentrations. Nitrate blank in bubbling solutions limited the 
minimum sample size as any non-O3 reacted nitrate in solution will dilute the isotopic 
enrichment signal. Nitrate blank will have Δ17O = 0‰ which will need to be corrected for 
using a mass balance but should not exceed 10% of total sample nitrate quantity. Isotopic 
enrichment signal dilution can also come from acidic oxygen exchange between water 
and nitrate. Exchange is catalyzed by the presence of nitrite, which is in great excess in 
our bubbling solutions. Exchange was directly measured through control experiments and 
can be corrected for as long as nitrate concentration in solution is known before nitrite 
removal reactions are performed. Once isolated, nitrate can be used to calculate the 
terminal Δ
17
O of O3 as 1 of the 3 oxygen atoms is from reaction with O3 while the other 
two will have Δ17O = 0‰. Therefore measured Δ17O of nitrate can be multiplied by 3 to 
arrive at Δ17Oa of bubbled O3. 
 
4.1 Future Work 
 Isotopic enrichment of O3 formed by photolysis and electric discharge in an open 
flow system should be investigated. Previous work has used a closed reaction system in 
which O3 is formed over long photolysis or discharge times and usually collected on the 
vessel wall. However, this reaction apparatus could lead to extensive oxygen exchange 






product O3. The open flow system used for Chapter Two experiments would be ideal as 
the short photolysis times would limit the time for the exchange processes to occur and 
allow for post O3 formation reactions to be performed to measure terminal isotopic 
enrichment.  
 Isotopic enrichment of laboratory O3 must also be studied as a function reaction 
time to determine if exchange processes are mixing enrichment from the terminal to the 
central atom. With the proposed experimental setup we could vary photolysis or 
discharge times by either covering different lengths of the photolysis chamber to block 
the light source or by changing the depth of the salt solution. This would answer the 
question of whether reaction time has a significant effect on bulk O3 isotopic enrichment. 
When coupled with nitrite bubbling solution (Chapter 3), O3’s terminal atom could be 
reacted and its isotopic enrichment measured to be compared to bulk O3. Isotopic 
measurements are very sensitive to exchange processes and if reaction time does cause a 
significant effect it may also demonstrate a measureable exchange between O3, O2, and O. 
This could potentially relate the magnitude of terminal enrichment to reaction time or 
even demonstrate the potential for mass independent isotopic enrichments to be present in 
the symmetric form of O3. 
 Additional experiments that determine central versus terminal enrichment in O3 
should be conducted. Chapter 2 data only examines isotopic enrichment as a function of 
temperature for bulk O3. With simultaneous collection of gas phase O3 and terminal 
oxygen reaction with nitrite the isotopic enrichment of asymmetric and symmetric O3 can 
be measured directly. This would allow for the assumptions of the photochemical box 






enrichment measured from collected nitrate also allows for comparison of r50 
dependence on temperature and pressure with previous studies. This could validate the 
predictions of Model 3 or provide insight into possible corrections to that model. 
 
4.2 Implications 
 Understanding the effects of temperature, pressure, and reaction time on isotopic 
enrichment associated with O3 formation could show agreement between studies that 
report different values. The many laboratory studies of O3 isotopic enrichment often vary 
by over 10‰ and lead to different conclusions to be drawn about the source of O3’s 
unique isotopic signature. The data presented in this thesis as well as the potential future 
work could shed light on the reason for differences in isotopic enrichment magnitude 
between experiments. An open flow system was used to provide conditions similar to an 
open atmosphere and the proposed reaction duration dependent study would allow for the 
determination of possible isotope effects that are not a function of temperature or 
pressure. If these effects are present it should be examined further to determine if isotopic 
exchange processes affect O3’s Δ
17
O signature significantly.  
 Abstraction of O3’s terminal atom with reaction with nitrite could improve our 
understanding of mass independent fractionation. Direct measurement of O3’s terminal 
isotopic enrichment has been done by reaction with silver, but nitrite reaction data is 
sparse. The nitrite bubbling reaction offers a high efficiency way to make these direct 
measurements that are otherwise very difficult to obtain from other methods such as laser 
spectroscopy. All mass independent isotopic enrichment is expected to reside in the 






validated. If exchange processes do occur that transfer the mass independent signature to 
symmetric O3, then the duration of the formation/destruction reaction should yield 
different terminal isotopic enrichment values. This would then change the predicted mass 
independent enrichment of various atmospheric species that result from abstraction a 
terminal O atom from reaction with O3.  
 Once terminal enrichment of O3 is better defined, enrichment of other species in 
the atmosphere can be modeled and predict how Δ17O is transferred. If mass independent 
enrichment can be directly related to temperature, pressure, and UV exposure during 
formation, then subsequent atmospheric reactions with O3 can be better understood. Mass 
independent enrichment provides a useful tracer that can be used to understand reaction 
mechanisms and kinetics as long as the initial isotopic enrichment magnitude is known. 
Atmospheric molecules that have a positive Δ17O signature could then be used to 
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Table A. 1: Stratospheric ozone measurements. 
 









1988 33.9 112 12 161 9 27.7 [1] 
1988 30.5 107 10 143 6 31.4 [1] 
1988 27.5 87 10 121 6 23.4 [1] 
1989 33.5 92 17 89 12 43.2 [1] 
1989 29.0 81 18 81 15 36.9 [1] 
1989 30.6 82 8 91 5 33 [1] 
1991 37.1 130 40 230 50 13.3 [2] 
1991 33.1 110 17 148 13 31.8 [2] 
1991 29.8 91 30 96 20 38.9 [2] 
1998 22.4 84.8 7.4 87.3 4.6 37.4 [3] 
1998 22.3 75.1 5.3 91.1 3.3 26.6 [3] 
1998 22.4 80.5 5.3 92.1 3.5 31.1 [3] 
1998 21.6 80 4.9 83.9 3 34.6 [3] 
1998 28.9 76.5 4.8 84.6 3 31 [3] 
1998 25.4 69.7 4.6 74.5 2.8 29.6 [3] 
1998 20.9 69.1 5.1 70.8 3.3 30.8 [3] 
1999 30.7 83.5 4.8 92.5 3.1 33.7 [3] 
1999 30.7 81.7 4.8 92.9 3 31.8 [3] 
1999 29.0 79.1 6.2 90.3 3.9 30.7 [3] 
1999 25.6 77.7 4.8 78.6 3 35 [3] 
1999 31.8 87.1 5.7 105 3.6 31 [3] 
1999 31.8 92.4 5.7 107.8 3.5 34.5 [3] 
1999 28.5 81.2 5.4 91.4 3.5 32.1 [3] 
1999 23.3 68.4 5.3 80.9 3.4 25.3 [3] 
References: [1]-(Schueler et al., 1990), [2]-(Mauersberger et al., 1993), [3]-(Krankowsky 







Table A. 2: Tropospheric ozone measurements 








1995 72 2 90.4 1 24 
1995 73.5 3 83.9 0.7 28.6 
1995 77.3 2 86.5 0.8 30.8 
1995 72.6 6 76.6 1 31.3 
1995 67.5 4 77.8 0.3 25.9 
1995 86.6 5 88.1 2 38.7 
1995 71.8 4 86.8 0.6 25.6 
1995 68.3 1 81.5 0.6 24.9 
1995 65.9 1 78.2 0.6 24.2 
1995 66.9 0.7 81.3 0.5 23.7 
1995 66.8 0.6 81.8 0.7 23.3 
1995 66 1 82.1 0.7 22.4 
1995 67 2 81.4 0.7 23.7 
1995 68.7 1 82.1 0.4 24.9 
1995 61.7 3 74.4 0.8 22.1 
1995 56.6 3 72.7 0.5 18.1 
1995 59 2 69.9 1 21.8 
1995 61.5 3 77.7 0.6 20.3 
1995 63.3 1 76.8 0.6 22.5 
1995 64.7 0.6 76.4 0.3 24 
1995 71.1 3 84.8 0.7 25.9 
1995 83.7 6 91.9 1 34.1 
1995 72.7 3 86.5 1 26.5 
1995 83.9 0.8 96.1 1 32.3 
1995 78.1 7 91.6 1 29.1 
1995 78.8 4 87.2 0.5 31.9 
1995 59.6 1 77.7 0.3 18.5 
1995 66.5 1 89.5 0.8 19.3 
1995 66.4 2 89.4 1 19.3 
1995 65.1 0.4 81.8 0.4 21.7 
1995 65.2 0.9 81.9 0.4 21.8 
1995 69.4 0.4 91.3 0.6 21.2 
1995 65.5 2 91.4 0.6 17.4 
Partial dataset from (Johnston et al., 1997) 
 
